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Introduction
One of the ultimate goals of science is the understanding of climate and climate variability.
Climate variations such as the El Nin˜o–Southern Oscillation (ENSO) are known to have
a strong impact on the socio-economy of countries all over the world and might even be
influenced by anthropogenic climate perturbations (Timmermann et al., 2001; IPCC, 2001).
It is a global interplay of physical, chemical, and biological processes on different spatial
and temporal scales that stamps the climate. Hence, understanding climate variations is
difficult and needs the combined effort of different sciences. Since past climate variations
are still visible in the proxy signal of climate archives (e.g. ice cores or the ocean sediments),
the analysis of proxy data is useful for a better understanding of the climate system.
Though man cannot make the climate, we are able to disturb certain climate processes.
Most obvious is this in the global carbon cycle. Carbon dioxide (CO2) is very important
in climate research because it is one of the so called ”greenhouse gases”. Until about 200
years ago, the global carbon cycle was not perturbed by man, but due to anthropogenic
CO2 emissions in the last 200 years the global carbon cycle is out of balance, and more
carbon dioxide enters than leaves the ocean. About 30% of the emitted CO2 leaves the
atmosphere via the ocean surface (IPCC, 2001). Biological fixation of dissolved inorganic
carbon by phytoplankton and the subsequent export of biogenic matter into the ocean
interior prevents the ocean stored carbon from immediate outgassing. Fifty percent of
this biologically mediated carbon export is carried out by diatoms (Aumont et al., 2002),
a phytoplankton that essentially needs silicic acid for the buildup of their opaline shells.
Though silicon is the second most common element on earth, it becomes exhausted in the
upper ocean at some times. Then it has the potential to limit the buildup of diatoms and
carbon export into the deep ocean. A better understanding of the marine silicon cycle will
lighten the role of marine biology in the global carbon cycle. This work is a modeling study
of different physical, chemical and biological aspects of the marine silicon cycle.
After this introduction chapter one sheds light on the questions, which of the chemical
species of silicic acid is actually taken up by diatoms and whether the silicic acid uptake
rate can be limited by small scale physical and by chemical processes such as diffusion and
reactions around a diatom cell. Already in 1840 Justus v. Liebig formulated his often cited
”Law of the Minimum”. He stated that the absence of an essential nutrient prohibits the
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buildup of organic material (Liebig, 1840). This concept originally applied to agriculture
was adopted for biological oceanography in the late 19th century (for a review, see de Baar,
1994). Nathansohn (1908) was the first to differentiate between the maximum potential of
production and the actual rate at which production occurs. Whereas the maximum potential
of production of a system is ultimately limited by the least available nutrient (and will further
be examined for silicic acid in chapter two), the actual rate of production can be limited by
a number of factors. As one of those factors Harvey (1937) described the diffusional supply
of iron to phytoplankton. Obviously, the rate at which nutrients diffuse to a cell can limit
biomass buildup. After Harvey (1937) diffusion-limitation was suggested for nitrate (Munk
and Riley, 1952) and CO2 (Gavis and Ferguson, 1975; Riebesell et al., 1993). Silicon dioxide,
that enters the ocean, dissolves and builds silicic acid. Three different ionic species (H4SiO4,
H3SiO
−
4 , H2SiO
2−
4 ) exist and up to now, it is not precisely known which of the silicic acid
species is taken up by diatoms. Phytoplankton cells are surrounded by a diffusive boundary
layer (DBL) which has an effective thickness of the order of the cell radius. The nutrient
transport through this layer is by diffusion only and may limit the supply of silicic acid to
the cell. Due to uptake of one of the species of silicic acid by the cell, the chemical system
in the DBL is out of equilibrium. Chapter one presents a diffusion-reaction model for the
components H4SiO4, H3SiO
−
4 , H2SiO
2−
4 , OH
−, and H+ in the DBL which allows to calculate
maximum Si supply rates as a function of the total concentration of dissolved silicon, pH,
algal radius, and silicic acid species taken up by the cell. In addition, analytical solutions
for the simplified diffusion-reaction system are presented. Model calculations of the silica
maximum uptake rates are compared with uptake data for the marine diatom Thalassiosira
weissflogii from recent laboratory experiments and allow to answer the question of diffusion
limitation for this particular diatom species.
To understand the role of silicic acid as a biomass limiting nutrient in the ocean a larger
scale model, in this case the Modular Ocean Model, version 1.1, for the Pacific is presented
in chapter two. The equatorial Pacific (EQPAC) is one of the key areas for global cli-
mate. Next to its role as the main natural source of CO2 to the atmosphere (Feely, et
al., 1999, Takahashi et al., 1997) it is linked to climate changes all over the globe through
its lead role in ENSO (Glantz et al., 1991; Cane, 1998). Field measurements and simple
box model solutions suggested, that diatoms in the central and eastern equatorial Pacific
are (biomass–) limited by the available silica (Dugdale and Wilkerson, 1998). A significant
strengthening of the trade winds over the tropical Pacific ocean is a sign of a La Nin˜a pe-
riod. As a consequence upwelling along the equator increases and the thermocline in the
eastern part of the tropical Pacific shifts upwards bringing more nutrients into the surface
layer. In chapter two, two extreme thermocline settings in the eastern equatorial Pacific
are investigated with a 10 compartment biological model embedded in a 3-D ocean general
2
Introduction
circulation model for the Pacific ocean. The modeled ENSO events in 1988/1989 and 1992
have a significant effect on the H4SiO4 supply to the open ocean upwelling zone in the equa-
torial Pacific. The question will be addressed, how enhanced H4SiO4 availability during
the La Nin˜a situation affects biomass buildup of diatoms and what are the consequences
for diatom productivity compared to non-silicifying phytoplankton productivity and surface
inorganic carbon concentrations. Moreover, the model thermocline anomaly in the eastern
equatorial Pacific during La Nin˜a is compared with the estimated thermocline anomaly of
the last glacial maximum (LGM). This comparison will be used to try to understand the
LGM opal record in the eastern equatorial Pacific from the diatom new production anomaly
during La Nin˜a.
Modeling biological productivity at the LGM always suffers from the lack of direct mea-
surements. Forcing LGM ocean general circulation models (OGCM) or coupled ocean-
atmosphere models has to rely on indirectly measured parameters only and results for
biomass production have to be compared with contradictory proxy results (Loubere, 2000;
De La Rocha et al., 1998). A long line of proxy data is already available for many important
climate variables. Among those are temperature (Mg/Ca ratios in foraminifera), sea level
(δ18Oice−cores), pH (δ11B in foraminifera), and nitrate utilization (δ15N in organic matter),
to name just a few. Practically, all of the proxies have their pitfalls and with none of them it
was possible to reconstruct absolute nutrient concentrations. So far, Ge/Si ratios in diatom
shells have been used for past silicic acid utilization (Froelich et al., 1989), but uncertainties
about the Ge turnover time prevent a precise use of this ratio (Fischer and Wefer, 1999).
Results from the Hamburg Model of the Ocean Carbon Cycle, version 4, (HAMOCC4) for
the marine distribution of silicon isotopes are presented in chapter three. It will be in-
vestigated, whether the use of silicon isotope ratios of diatom shells is a valid approach to
past silicic acid utilization. Furthermore, silicon isotope ratios will as well be examined as
a potential proxy for absolute silicic acid concentrations.
Finally, concluding remarks on implications and possible future work are given in chapter
four.
In discussing diatoms and silica, there is often confusion about the precise terminology. Prior
to the following chapters the terminology shall be defined: ”Silicon” (Si) is the element.
”Silica” is a short convenient designation for silicon dioxide in all of its amorphous and
hydrated or hydroxylated forms. ”Silicate” is any of the ionized forms of monosilicic acid,
[H4SiO4] (Iler, 1979).
3
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Chapter 1
Theoretical Constraints on the
Uptake of Silicic Acid by Marine
Diatoms
An important part of the ocean’s biomass is produced by diatoms, that essentially needs
silicic acid for the buildup of opaline shells. In large parts of the oceans silicic acid can be
a biomass limiting nutrient (e.g. in the equatorial Pacific, Dugdale and Wilkerson, 1998).
Here it will be investigated if the supply of Si by diffusion can limit diatom growth rates.
Moreover, it is under discussion which of the silicic acid species, that exist in seawater is
taken up by diatoms. The concentration of H2SiO
2−
4 at seawater pH is negligible and will
therefore not be considered in detail. Despite relatively low [H3SiO
−
4 ] earlier experimental
results led to the conclusion of H3SiO
−
4 uptake (Riedel and Nelson, 1985). Recent inves-
tigations now point to uptake of the uncharged species H4SiO4 (Del Amo and Brzezinski,
1999). In order to better constrain the uptake of silicic acid by diatoms we have developed
a diffusion-reaction model that describes silicic acid diffusion and chemical reactions in the
DBL similar to Wolf-Gladrow and Riebesell (1997).
First the Si diffusion-reaction system used for this study is described. Then, reference runs
for the silicic acid concentrations in the DBL as a function of H4SiO4 or H3SiO
−
4 uptake
are presented. The results will be explained with the help of analytical solutions of the
approximated diffusion-reaction system and in terms of the reacto-diffusive length scales
of H4SiO4 and H3SiO
−
4 . A comparison of calculated maximum Si supply rates for diatoms
with uptake data from laboratory experiments finally shows, that uptake of H3SiO
−
4 only is
insufficient to cover the Si requirement of the marine diatom T. weissflogii.
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1.1 Diffusion-Reaction Equations
The layer around a cell in which solute transport occurs by way of diffusion is called the
diffusive boundary layer. Its thickness is of the order of the surface equivalent cell radius.
(Wolf-Gladrow and Riebesell, 1997). Uptake of either H4SiO4 or H3SiO
−
4 by the diatom
causes a concentration gradient of the silicic acid species in the diffusive boundary layer and
leads to a diffusive flux towards the cell. Moreover, the deviation from chemical equilibrium
drives conversion reactions in the DBL. At steady state, the system can be described by the
following diffusion-reaction equation:
∂Ci
∂t
= 0 = Diffusion(Ci) + Reaction(Ci, Cj), (1.1)
with Cj or Ci = [H4SiO4], [H3SiO
−
4 ], [OH
−], or [H+]. As a first order approximation diatom
cells are described by a sphere with an effective radius r0. Assuming spherical symmetry
the diffusion operator can be described in spherical coordinates and equation (1.1) reads
0 =
DCi
r2
d
dr
(
r2
dCi
dr
)
+ Reaction(Ci, Cj), (1.2)
with the diffusion coefficients DCi for the different ions and r the distance from the center
of the cell. The silicic acid chemical equilibria read
H4SiO4
kSi1−
⇀↽
kSi1+
H3SiO
−
4 + H
+, (1.3)
H3SiO
−
4
kSi2−
⇀↽
kSi2+
H2SiO
2−
4 + H
+, (1.4)
H2O
kw−
⇀↽
kw+
H+ + OH−, (1.5)
with
[H3SiO
−
4 ][H
+]
[H4SiO4]
=
kSi1−
kSi1+
= KSi1, (1.6)
[H2SiO
2−
4 ][H
+]
[H3SiO
−
4 ]
=
kSi2−
kSi2+
= KSi2, (1.7)
[OH−][H+]
H2O
=
kw−
kw+
= KW , (1.8)
where KSi1, KSi2, andKW are the stoichiometric equilibrium constants and kSi1,2± and kw±
are the kinetic rate coefficients.
Combining Eqns. (1.2, 1.6 - 1.8) the full set of diffusion-reaction equations reads:
0 =
DH4SiO4
r2
d
dr
(
r2
d[H4SiO4]
dr
)
+kSi1+[H3SiO
−
4 ][H
+]− kSi1−[H4SiO4] (1.9)
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0 =
DH3SiO
−
4
r2
d
dr
(
r2
d[H3SiO
−
4 ]
dr
)
+kSi2+[H2SiO
2−
4 ][H
+]− kSi2−[H3SiO−4 ]
+kSi1−[H4SiO4]− kSi1+[H3SiO−4 ][H+] (1.10)
0 =
DH2SiO
2−
4
r2
d
dr
(
r2
d[H2SiO
2−
4 ]
dr
)
+kSi2−[H3SiO−4 ]− kSi2+[H2SiO2−4 ][H+] (1.11)
0 =
DH+
r2
d
dr
(
r2
d[H+]
dr
)
+kw−[H2O]− kw+[H+][OH−]
+kSi1−[H4SiO4]− kSi1+[H3SiO−4 ][H+]
+kSi2−[H3SiO−4 ]− kSi2+[H2SiO2−4 ][H+] (1.12)
0 =
DOH−
r2
d
dr
(
r2
d[OH−]
dr
)
+kw−[H2O]− kw+[H+][OH−] (1.13)
Outside the DBL at a distance rb from the center of the cell, the species concentration in
the bulk medium is a first boundary condition:
C(rb) = Cbulk (1.14)
The second boundary condition at the cell surface is one of the following two equations:
(i) The uptake rate U equals the diffusive flux towards the cell. This boundary condition is
used for the reference runs:
dC
dr
∣∣∣∣∣
r0
=
U
4πr20DCi
(1.15)
or (ii) The cell surface concentration is given:
C(r0) = C0
The whole system of equations is solved numerically with a relaxation method (Press et al.,
1992).
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1.2 Rate Constants and Diffusion Coefficients
To the best of our knowledge the temperature (T, in ◦K) and salinity (S) dependence of
the equilibrium constants KSi1 and KSi2 have not yet been determined in natural seawater.
Therefore, for KSi1 an approximation measured in NaCl solution and fitted to the same
ionic strength of seawater is used (Millero, 1995):
ln(KSi1) = 117.385− (8904.2/T )− 19.334 · ln(T ) + (−458.79/T + 3.5913) ·
√
I
+ (188.74/T − 1.5998) · I + (−12.1652/T + 0.07871) · I2
+ ln(1.− 0.001005 · S),
where I = 19.924·S/(1000−1.005·S) is the ionic strength and the factor ln(1.−0.001005·S)
converts from mol·(kg·H2O)−1 to mol·(kg·soln)−1. The temperature dependent KSi2 for
freshwater from Nordstrom et al. (1990) is fitted (∆KSi) to a value of 12.56 for TC = 25
◦C,
I = 0.5 M NaCl (Stumm and Morgan, 1996).
KSi2 =
β
α · 100.6073 −∆KSi,with
ln(α) = −302.3724− 0.050698 · T + 15669.69/T
+108.18466 · log(T )− 1119669/(T 2)
ln(β) = −294.0184− 0.072650 · T + 11204.49/T
+108.18466 · log(T )− 1119669/(T 2)
Fig. 1.1 shows how the relative distributions of the silicic acid species change as a function
of pH for TC = 10
◦C, 17 ◦C and 25 ◦C. At temperatures 0◦C < TC < 25◦C and salinities
28 < S < 36, i.e. the ranges of interest to this study, the effect of salinity on KSi1 is
negligible compared to the temperature effect. A temperature change of 1 K has the same
effect on KSi1 as a salinity change of 4.4 (Fig. 1.2). Reaction (1.3) is assumed to be
diffusion-controlled (Mallo et al., 1985). Reaction (1.4) has not yet been examined. But
since protolysis at oxygen ligands is most often diffusion-controlled (Eigen, 1963) for both
reaction rate constants, kSi1+ and kSi2+, a value of 10
10 kg mol−1 s−1 is applied. Now, kSi1−
and kSi2− can be calculated via the equilibrium relations (1.6) and (1.7) (Table 1.1).
Diffusion coefficients of ions in fluids can be described as a function of temperature T and
salinity by
D(T, S) =
kBT
6πµ(T, S)ri
, (1.16)
here kB is the Boltzmann constant, µ is the dynamic viscosity of the fluid and ri is the
effective radius of the ion. A description of the viscosity change with T and S can be found
in Wolf-Gladrow and Riebesell (1997). Diffusion coefficients of silicate have been measured
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Figure 1.1: Relative abundances of silicic acid species as a
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◦C (solid), TC=17◦C (dashed), TC=25 ◦C (dash-dotted).
in freshwater at TC = 25
◦C and pH 5.5 (Applin, 1987) and at the same temperature
in seawater at pH ≈8.2 (Wollast and Garrels, 1971). Whereas the freshwater value of
D = 2.2 · 10−9 m2 s−1 is for H4SiO4 only, the value of D = 1 · 10−9 m2 s−1 for seawater
more likely is a combination of diffusion coefficients for the silicic acid species H4SiO4 and
H3SiO
−
4 . Up to now the diffusion coefficient for the different ions of silicic acid in seawater
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Figure 1.2: Temperature and salinity dependence
of the first equilibrium constant pKSi1.
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have not been measured. To account for the diffusion coefficients of H4SiO4 and H3SiO
−
4
one could use the ratio of the D’s of other molecules (e.g. CO2 and HCO
−
3 ), but since
the approximations used to account for the temperature effect on viscosity are not better
than within ∼30 % of the real value (Boudreaux, 1997), the differences in DH4SiO4 and
DH3SiO−4
are neglected: DH4SiO4
∼= DH3SiO−4 = 1 · 10
−9 m2 s−1. We are well aware of
the fact that the charged H3SiO
−
4 ion is hydrated and thus diffuses more slowly than the
uncharged H4SiO4 molecule. Consequently, our calculations of the H3SiO
−
4 concentration in
the DBL that are partly determined by diffusion are an upper limit. Changing the H3SiO
−
4
diffusion coefficients under low H3SiO
−
4 concentrations may lead to considerable changes of
[H3SiO
−
4 ] in the DBL, measurements of the diffusion coefficient for H3SiO
−
4 would therefore
be needed to improve the results.
1.3 Reference Runs
Two reference runs, case (I) for uptake of H4SiO4 and case (II) for uptake of H3SiO
−
4 ,
use experimental data from Del Amo and Brzezinski (1999), who have measured a silicic
acid uptake rate of 1.2 · 10−17 mol Si s−1 cell−1 at 2.7 µmol kg−1 bulk Si concentration
for the marine diatom Thalassiosira weissflogii. The bulk concentrations of the different
ionic species at a distance rb far away from the cell and outside the DBL were calculated
as a function of pH. The uptake at the cell surface was zero for all components except for
H4SiO4 in case (I). In case (II) uptake or efflux at the cell surface was set to zero for all
species except H3SiO
−
4 and OH
− or H+. Uptake of H3SiO−4 only would lead to an increase
Variable Value Remarks
DSi 10−9 m2 s−1 calculated after Wollast and Garrels (1971)
DOH− 4.0·10−9 calculated after Li and Gregory (1974)
DH+ 7.0·10−9 calculated after Li and Gregory (1974)
kSi1+ 1010 kg mol−1 s−1 Mallo et al. (1985)
kSi1− 2.98 s−1 calculated
kSi2+ 1010 kg mol−1 s−1 assumption: diffusion controlled
kSi2− 1.6·10−3 s−1 calculated
kw+ 2.4·1010 kg mol−1 s−1 calculated with ion product of water after
Stumm and Morgan (1996)
kw− 6.6·10−4 mol kg−1 s−1 Atkins (1990)
Table 1.1: Model parameters for seawater at S = 33.7 and T = 17 ◦C, see text
for further explanation.
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of negative charge inside the diatom which considering the amount of Si ions taken up
is physiologically unrealistic. Hence, for charge balance reasons a release of one molecule
OH− or an uptake of one H+ for every molecule of H3SiO−4 taken up is assumed. Applying
the above boundary conditions the system of differential equations (1.9-1.13) is solved
numerically. Concentration profiles of H4SiO4, H3SiO
−
4 , H
+, and OH− are calculated as a
function of radial distance r from the cell center for (I) and (II), respectively (Figs. 1.3 and
1.4).
For H4SiO4 uptake the strongest gradient in the DBL is obtained for H4SiO4 (case (I),
Fig. 1.3). Since uptake of H4SiO4 at the cell surface reduces [H4SiO4] and perturbs
the chemical equilibrium (Eqn. (1.6), conversion of H3SiO
−
4 to H4SiO4 via the reaction
H3SiO
−
4 + H
+ → H4SiO4 dominates the dissociation reaction. This reaction reduces the
H3SiO
−
4 and H
+ concentrations in the DBL, whereas consumption of [H+] causes the
11
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dissociation of H2O molecules, increasing OH
− at the cell surface.
Results for case (II) with the release of OH− molecules (Fig. 1.4) show that the consumption
of [H3SiO
−
4 ] is partly compensated by the dissociation reaction H4SiO4 → H3SiO−4 +H+. In
the diffusive boundary layer [H4SiO4] decreases towards the cell surface and, consequently,
the OH− concentration increases towards the cell. Usually, one would expect a decrease of
H+ ions with the release of OH− ions due to the re-combination of H2O molecules. But
in (II) the release of H+ ions due to the dissociation of H4SiO4 over-compensates the H
+
decrease (also see below). Instead of releasing OH− ions one can also assume uptake of one
H+ ion for every H3SiO
−
4 molecule taken up (dashed line in Fig. 1.4). The corresponding
change of pH at the cell surface is less than 0.1. Compared to the results for OH− release
[H3SiO
−
4 ] changes at the cell surface are less than 0.1 % at high (9.5) and low (8) bulk
pH. Concentration changes of the other species are negligible. For further calculations with
H3SiO
−
4 uptake we therefore assume a release of one molecule OH
− for every molecule of
H3SiO
−
4 taken up.
1.4 Analytical Solutions and Reacto-Diffusive Length
Scales
The diffusion-reaction equations can be simplified for both cases, (I) the uptake of H4SiO4
and (II) the uptake of H3SiO
−
4 . Simple analytical functions will be used to describe the
behavior of the species taken up in the DBL. For (I) as well as for (II) the concentration
of the silicate species not taken up varies only slightly (Figs. 1.3 and 1.4). Based on this
observation our first approximation neglects chemical reactions. Hence, the concentration
of the silicic acid species taken up is a function of pure diffusion through the DBL and the
coupling of equations (1.9–1.13) vanishes. A second approximation takes chemical reactions
in the DBL into account. Again due to the small (< 3 %) variations in all chemical compo-
nents, except in the silicate species that is taken up, we assume bulk values throughout the
DBL. This also decouples the diffusion-reaction system.
For the diffusion only case every species differential equation is of the form
0 =
DC
r2
d
dr
(
r2
dC
dr
)
This is Fick’s second law in spherical coordinates at steady state. It can be solved with the
simple approach C(r) = A
r
+ B and with A and B according to the boundary conditions
(1.14) and (1.15). The solution of the diffusion equation reads
A) C(r) = Cbulk − U
4πDC r
(1.17)
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Figure 1.5: H4SiO4 uptake: Comparison of
model solution (solid line) with the analytical
solutions of for the approximated diffusion-
reaction equation (dashed) and the diffusion
only case (dash dotted).
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Figure 1.6: H3SiO
−
4 uptake: Comparison of
model solution (solid line) with the analytical
solutions of for the approximated diffusion-
reaction equation (dashed) and the diffusion
only case (dash dotted).
for boundary condition (i) or
B) C(r) = Cbulk − (Cbulk − C0) · r0
r
(1.18)
for boundary condition (ii)
As can be seen from Fig. 1.5, A) is a good approximation for case (I).
Solutions to the second approximation are slightly more complicated. If we assume uptake
of H4SiO4 only, we can substitute kSi1+[H3SiO
−
4 ][H
+] = kSi1−[H4SiO4,bulk], and equation
(1.9) changes to
0 =
1
r2
d
dr
(
r2
d[H4SiO4]
dr
)
+
kSi1−
DH4SiO4
([H4SiO4,bulk]− [H4SiO4]) (1.19)
and thus decouples from the system of diffusion-reaction equations. The general solution to
this approximated equation reads
[H4SiO4](r) = [H4SiO4]bulk −
A
r
e
− r
ard +
B
r
e
r
ard . (1.20)
with ard =
√
D/kSi1− = 16.4 µm.
With the boundary conditions (1.14) and (1.15 i) constants A and B read:
A =
U · e
r0+rb
ard
4πD
(
e
rb
ard − e
2r0−rb
ard + r0ard
(
e
2r0−rb
ard + e
rb
ard
)) , and
(1.21)
13
1 Theoretical Constraints on the Uptake of Silicic Acid by Marine Diatoms
10 20 30 40 50 60 70
0
10
20
30
40
50
60
70
80
90
100
Distance x (µm) 
%
 H
4S
i0
4
4 
6 
10 20 
Figure 1.7: Solutions of approximated equations
(dashed) vs. diffusion only solution (solid) for a set of
reacto-diffusive length scales (labels in µm). Boundary
conditions for the solutions are from case (I) but the
equations are solved in cartesian coordinates.
B =
U · e
r0−rb
ard
4πD
(
e
rb
ard − e
2r0−rb
ard + r0ard
(
e
2r0−rb
ard + e
rb
ard
))
For the uptake of H3SiO
−
4 ions (1.9) becomes
0 =
1
r2
d
dr
(
r2
d[H3SiO
−
4 ]
dr
)
+
kSi1+[H
+
bulk] + kSi2−
DH3SiO
−
4
([H3SiO
−
4,bulk]− [H3SiO−4 ])
The solution to this equation is similar to (1.20), but with ard for H3SiO
−
4 :
[H3SiO
−
4 ](r) = [H3SiO
−
4 ]bulk −
A
r
e
− r
ard +
B
r
e
r
ard . (1.22)
with ard =
√√√√ DH3SiO−4
kSi1+[H
+
bulk] + kSi2−
= 2.9 µm.
This is a good approximation for (II) (Fig. 1.6). The reacto-diffusive length scale ard
describes a mean distance that a molecule diffuses through before it reacts and thus disap-
pears. For H4SiO4 uptake this reaction is the dissociation of a H4SiO4 molecule whereas
for H3SiO
−
4 uptake it is either the dissociation of a H3SiO
−
4 molecule or the formation of
H4SiO4 via the combination of an H
+ ion with the H3SiO
−
4 molecule. The diffusive ap-
proximation (Eqns. 1.17 and 1.18) sets a lower limit and the decoupled diffusion-reaction
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approximation (Eqns. 1.20 and 1.22) an upper limit to the exact solution (Figs. 1.5 and 1.6).
Which approximation yields a better fit depends on the reacto-diffusive length scale. A large
reacto-diffusive length scale compared to the effective thickness of the DBL implies that the
diffusion-reaction equation is dominated by the diffusion term. If the reacto-diffusive length
scale is below the effective thickness of the, DBL conversion reactions are relatively more
important. For a simple examination we have solved the approximated diffusion-reaction
equation in cartesian coordinates (Fig. 1.7). The larger the reacto-diffusive length scale is
and the further it exceeds the width of the DBL (here 6.5 µm) the more the solution of the
approximated equation (dashed) converges to the diffusion only solution (solid line). In the
reference runs (I) and (II) the effective cell radius is 6.5 µm, the reacto-diffusive length scales
for H4SiO4 and H3SiO
−
4 uptake are about 16 µm and 3µm, respectively. ard for H3SiO
−
4 is
smaller than the DBL thickness, whereas for H4SiO4 it is larger. Chemical reactions for
the uptake of H4SiO4 are not as important as for H3SiO
−
4 uptake. This is supported by
the similarity of the numerical solution and the diffusion only solution. The diffusion only
solution for H3SiO
−
4 uptake yields an unreasonable profile with [H3SiO
−
4 ] below zero (Fig.
1.6). Here, ard is smaller than the DBL thickness, i.e. chemical reactions are more impor-
tant than in (I) and the approximated solution is in better agreement with the numerical
model than the diffusion only solution. For the largest diatoms such as Coscinodiscus spp.
chemical reactions have a stronger impact on the silicic acid concentration in the DBL.
In the reference run for H3SiO
−
4 uptake [H
+] increases towards the cell surface despite the
release of OH− ions from the cell. Analyzing the different reacto-diffusive length scales helps
to understand this. At pH 8.0 the reacto-diffusive length scales decrease from H4SiO4 to
H3SiO
−
4 OH
− and H+ (Fig. 1.8). Chemical reactions, i.e. the dissociation of H4SiO4 are
important for [H3SiO
−
4 ] since ard of H3SiO
−
4 is below the size of the DBL. H
+ ions, that are
released in the dissociation reaction, reduce the OH− concentration and even lead to a slight
increase of [H+] at the cell surface. If we consider H3SiO
−
4 uptake, simultaneous uptake of
H+ ions and no OH− release, the H+ curve shows a different behavior. Uptake of H+ ions
reduces [H+] at the cell surface but due to its small ard and due to the H4SiO4 dissociation
in the DBL the H+ concentration increases to higher than bulk values before it converges
to the bulk H+ concentration. Still, in both cases the pH changes at the cell surface com-
pared to the bulk medium are small (less than 0.1). Application of the freshwater diffusion
coefficient by Applin (1987) would increase ard for H3SiO
−
4 to a higher value than for OH
−.
Then, the H+ concentration at the cell surface would be below the bulk concentration (not
shown here).
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1.5 Results
Maximum silicic acid supply rates
The system of diffusion-reaction equations can be solved for the maximum Si supply rate
Umax as a function of pH, bulk silicic acid concentration and cell radius. For highest precision
the full system is solved numerically, but the results will be explained based on the simplified
solutions. At steady state maximum supply rates are tantamount to maximum nutrient
gradients and lowest Si concentrations at the cell surface. We assume that Umax is only
limited by the silicic acid concentration at the diatom cell surface and that the amount
of Si transporters at the cell surface does not limit the uptake. Then, the new boundary
condition at the cell surface is C(r0) = 0.
Results for H4SiO4 and H3SiO
−
4 uptake as a function of pH and bulk silicic acid concentra-
tion are shown in Figs. 1.9 a and 1.9 b. Model results for Umax as a function of pH and cell
radius are displayed (Figs. 1.10 a and 1.10 b).
As long as the effective size of the DBL is smaller than the reacto-diffusive length scale,
maximum uptake rates for H4SiO4 can be approximated with the diffusion only solution
(1.17):
Umax = Cbulk · 4 · π · r ·D
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Figure 1.9: Maximum uptake rate as a function of pH and bulk silicic acid concentration
(solid lines in µ mol kg−1). Uptake of H4SiO4 (a) and H3SiO−4 (b) by the diatom. Note that
the y-axis limits are different.
Umax becomes a linear function of the bulk Si concentration and also of the cell radius
(Fig. 1.9 a). Increasing the pH reduces the relative amount of H4SiO4 (Fig. 1.1) and,
consequently, Umax decreases. For H3SiO
−
4 uptake and pH values below 8.4, ard is smaller
than the corresponding DBL width (Fig. 1.7) and we use the approximated diffusion-
reaction equation to understand the results in Fig. (1.9 b). Solving Eqn. 1.22 for C(r0) = 0
also reveals a linear dependency of Umax on the bulk Si concentration:
Umax = Cbulk · r0 · 1
X · exp(− r0
ard
)− Y · exp( r0
ard
)
(1.23)
with X=A/U and Y=B/U. Here, Cbulk and ard are for H3SiO
−
4 . At pH values above 8.4 the
reacto-diffusive length scale is above the effective size of the DBL and the diffusion only
solution can be used for the calculation of the maximum supply rate. In either case at con-
stant radius the maximum supply rate is a linear function of the bulk H3SiO
−
4 concentration.
The radius of the idealized diatom sphere determines the effective thickness of the diffusive
boundary layer (Wolf-Gladrow and Riebesell, 1997). Together with the reacto-diffusive
length scale this indicates which approximation can be used. In order to examine the
dependency of Umax on the radius we have changed radii from 5 µm to 30 µm (Fig. 1.10).
For H4SiO4 with its reacto-diffusive length scale of 17 µm Umax seems to be a linear function
of the cell radius r0 throughout the radii covered here. The difference between the largest
cell radius (30 µm) and reacto-diffusive length scale of H4SiO4 is not large enough to show
an influence of the nonlinear term of Eqn. (1.20) in Fig. 1.10 a. In the silicic acid system
that we use the reacto-diffusive length scale of H3SiO
−
4 depends on the H
+ concentration
(Eqn. 1.22, Fig. 1.8). Hence, at pH 7.5 the difference between ard and the maximum
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Figure 1.10: Maximum uptake rate as a function of pH and cell radius (solid lines in µm).
Uptake of H4SiO4 (a) and H3SiO
−
4 (b) by the diatom. Note that the y-axis limits are
different.
radius is about one order of magnitude. Therefore, at low pH we find a slightly stronger
than linear increase of the maximum supply rate as a function of the radius (Fig. 1.10 b).
This supports the earlier statement that the approximated diffusion-reaction solution is an
upper estimate. Increasing pH increases the reacto-diffusive length scale of H3SiO
−
4 and the
nonlinear behavior vanishes (Fig. 1.10 b).
However, one should keep in mind that maximum supply rates calculated for H4SiO4 and
H3SiO
−
4 are theoretical constraints. Setting the silicic acid cell surface concentrations to zero
is a very strong boundary condition that might not be realized by diatoms. Moreover it is
likely that the pure silicic acid system we are using is disturbed, e.g. by silica polymerization.
Consequently, our maximum supply rates will be an upper estimate of the values realized
by diatoms. A comparison with measured uptake measurements for different pH values is
a suitable test of our calculations. Del Amo and Brzezinski (1999) did an extensive study
on diatom uptake rates with varying pH. In Figs. 1.11 and 1.12 we have combined their
results for the diatom T. weissflogii with calculated maximum supply rates from the model.
From their data Del Amo and Brzezinski concluded that H4SiO4 is the species taken up
by T. weissflogii. Model calculations for the maximum supply rates were carried out with
an effective radius of 6.5 µm for T. weissflogii, which in the experiment was on average 12
µm. Both figures show that the calculated Umax for H4SiO4 and H3SiO
−
4 are higher than
measured uptake rates (stars in Figs. 1.11 and 1.12). At pH 8 the maximum supply rates
of the undissociated silicic acid species are an order of magnitude higher than the measured
rates. At low bulk silicic acid concentrations the measured uptake rates come close to the
18
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H3SiO
−
4 maximum supply rates (Fig. 1.11). At pH 9.5 the system is close to pK1 (=
9.53). [H4SiO4] and [H3SiO
−
4 ] are similar and therefore also the maximum uptake rates are
comparable (Fig. 1.12). Both model curves are well above the measured uptake rates for
T. weissflogii. From this data, uptake of both, H4SiO4 or H3SiO
−
4 , seems to be plausible.
However, diatoms only take up Si during parts of their cell cycle, so called G2 and/or M
stages (Brzezinski et al., 1990). The experiments in Del Amo and Brzezinski (1999) were
performed with non synchronized cultures that were growing with an exponential growth
rate. During the 3 to 4 hours of incubation not all of the cultured cells were taking up
silicic acid. We can assume that about 16 % of this exponentially growing culture are in G2
phase which last about 2.1 hours . With the average incubation time of 3.5 hours this would
imply that about 3.5
2.1
· 16% = 27% of the cells during the measurement were taking up silicic
acid. Therefore, the uptake rate of a single cell is higher by a factor of 100
27
≈ 3.7. Thus,
the measured uptake rates were underestimating the real uptake rate of a single diatom
of T. weissflogii and we have to apply this factor to the measured uptake rates put into
our calculations (diamonds in Figs. 1.11 and 1.12). Whereas for the high pH calculations,
uptake of both Si species is still possible, the data at pH 8 suggest that uptake of H3SiO
−
4
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Figure 1.11: pH 8.0: Experimental data (stars) from Del Amo
and Brzezinski (1999) and maximum uptake rates for H4SiO4
(solid) and H3SiO
−
4 (dashed) from the model versus Si con-
centration. The diamonds are experimental data with a cor-
rection factor of 3.7 to account for cell cycle effects.
19
1 Theoretical Constraints on the Uptake of Silicic Acid by Marine Diatoms
0 5 10 15 20 25 30 35
10−3
10−2
10−1
100
101
pH = 9.5
Si (µmol kg−1)
Up
ta
ke
 ra
te
 (fm
ol 
Si 
ce
ll−1
 
s−
1 )
Figure 1.12: pH 9.5: Experimental data (stars) from Del Amo
and Brzezinski (1999) and maximum uptake rates for H4SiO4
(solid) and H3SiO
−
4 (dashed) from the model. The diamonds
are experimental data with a correction factor of 3.7 to ac-
count for cell cycle effects.
alone is insufficient to satisfy Si demand. Maximum H3SiO
−
4 uptake rates are lower than
the measured silicic acid uptake rates. Therefore, either H4SiO4 or a mixture of H3SiO
−
4
and H4SiO4 has to be consumed by T. weissflogii.
1.6 Discussion
Crucial to this result is the factor of 3.7 applied in our calculations. Brzezinski (1992)
found that under Si -limitation the Si uptake phases can make up between 60 % and 90
% of the total cell cycle. This would reduce our applied factor at low Si concentrations.
Assuming that 75 % of the cells were in Si uptake phase would still lead to higher measured
than calculated values. As also stated earlier the calculations are an upper estimate and we
used an upper limit for the diffusion coefficient of H3SiO
−
4 . Decreasing DH3SiO4 by 30% at
pH 8 and lowest bulk Si concentrations would reduce [H3SiO
−
4 ] at the cell surface by 50%.
This further supports our interpretation that H3SiO
−
4 can be ruled out as the only source of
silicic acid for T. weissflogii. For H4SiO4 we can conclude that even at lowest concentrations
the diffusive supply of Si to T. weissflogii is high enough to sustain the observed growth rates.
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1.6 Discussion
The next chapter will now focus on the role of silicic acid as a biomass limiting nutrient in
the eastern equatorial Pacific.
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Chapter 2
The Cycle of Silicic Acid in the
Equatorial Pacific
Surface waters of the central and eastern equatorial Pacific contain high nutrient con-
centrations but comparatively little phytoplankton. This limitation of phytoplankton
growth is either caused by a lack of trace metals, namely iron (Martin et al., 1994) or
by too low concentrations of silicic acid (Dugdale et al., 1995). Nitrogen that enters
the equatorial Pacific in the New Guinea Coastal Undercurrent is transported rapidly
towards the east within the Equatorial Undercurrent (EUC, Toggweiler and Carson, 1995).
Whereas the upper part of the EUC feeds the Open Ocean Equatorial Upwelling Zone
(EUZ), the nutrients of the lower part of the EUC are supplied to the Peru Coastal upwelling.
Periods with higher than normal sea surface temperatures (SST) in the central and eastern
equatorial Pacific are referred to ”El Nin˜o”. These periods are necessarily separated by
colder than normal phases which build the opposite ”La Nin˜a”. Implicitly included in
this definition is that there is no normal situation in the equatorial Pacific. It is either
in part of the cold phase or in part of the warm phase. Together, both phases are part
of the El Nin˜o– Southern Oscillation, ENSO (Philander, 1990). Nevertheless, to identify
colder or warmer than ”normal” conditions it is still useful to statistically identify mean
conditions. Both, nutrient concentrations and biomass production are severely affected by
the EQPAC’s change from cold conditions (La Nin˜a) to warm conditions (El Nin˜o) and
vice versa. In a number of field studies the impact of ENSO on biological productivity has
been described by e.q. Chavez et al. (1999) ().
Though ENSO is not yet fully predictable, a lot of its fundamental modes of functioning
have been revealed during the last decade (Neelin et al., 1998). Thereby it became clear
that the equatorial Pacific plays a major role in the earth climate system. With the western
Pacific warm pool serving as the memory of ENSO, the equatorial Pacific is connected to
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regions far away and all over the globe. Climate change in the equatorial Pacific often
precedes or at least is in sync with events in the Southern Ocean, North Atlantic, East-Asia.
With the help of proxy analyses it has been shown that ENSO was a permanent feature of
the climate system at least throughout the Holocene (Tudhope et al. 2001). Moreover, it
was suggested that the basic physical processes responsible for ENSO should be valid on
longer, i.e. decadal and glacial–inter-glacial timescales (Gu and Philander, 1997, Clement
et al., 1999). As with ENSO but on paleoclimatic timescales, changes in the sea surface
temperature pattern in the equatorial Pacific will alter the global climate via atmospheric
teleconnections (Cane and Clement, 1999). Clement et al. (1999) pointed out, that an
ENSO-like mechanism can work as an amplifier to orbital forcing. Cane and Clement
(1999) showed that ”the long-term mean change in the eastern equatorial Pacific is due to
a change in the ENSO variability”. A more shallow thermocline goes in hand with periods
of increased La Nin˜a and a colder NINO3 index (Clement et al., 1999).
Modeling the climate system at the last glacial maximum suffers from the lack of directly
measured forcing data. Forcing ocean general circulation models (OCGM) or coupled ocean-
atmosphere model has to rely on indirectly measured parameters only. Whereas during
the last glacial maximum the thermocline in the central equatorial Pacific seemed to be
shallower than today (Andreasen et al., 2001) the question has been risen whether primary
productivity was enhanced or not. In the last decade a hole range of studies were carried
out in the eastern equatorial Pacific. So far productivity results from different proxies
conclusions have been ambiguous. Studies based on organic Carbon mass accumulation
rates tend to favor higher EEP productivity, but recently Loubere (2000) showed with a
new multispecies proxy that there might have been lower productivity at least in the close
vicinity of the EUC.
Here, changes in nutrient fluxes and phytoplankton (especially diatom) productivity that
occur during ENSO are explored with a physical-biological ocean model for the Pacific.
Productivity measurements from a number of US JGOFS cruises will be used for a compar-
ison with model results. Model thermocline depth anomalies along the equatorial Pacific
during La Nin˜a are compared with thermocline depth changes at the last glacial maximum
(LGM). Finally, anomalous (La Nin˜a) diatom productivity is compared with CLIMAP 18
ka percentage opal measurements of the sediments of the eastern equatorial Pacific.
2.1 A Model for the Pacific Ocean Silicon Cycle
The physical model used in this study is based on the GFDL Modular Ocean Model (MOM)
version 1.1. This ocean model was modified to become part of the NCAR climate model.
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Here, only the ocean component with a nonlocal KPP-scheme for vertical mixing is used.
For this model the application of a KPP-scheme (Large et al., 1994) leads to a better
capture of small-scale physics within the upper mixed layer and a better representation of
internal waves in the deep ocean (Li et al., 2001). Temperature, salinity, and biogeochemical
tracer distributions are calculated with a third order upwind differencing scheme. The
Pacific Ocean model domain extends from 65◦N down to 45◦S with the meridional resolution
varying from 2◦ at the northern and southern ends to 0.5◦ at the equator. In longitudinal
direction the model covers the whole Pacific with a 2◦ grid size and with a solid wall at the
western boundary (no Indonesian throughflow). At the northern and southern ends closed
boundaries with a sponge layer of 10◦ of latitude allow relaxing of temperature, salinity
and nutrient concentrations to field data (Levitus and Boyer, 1994; Conkright et al., 1994).
Vertically the grid consists of 40 layers with a resolution of 10 m in the upper 100 m and
increasing thickness towards the quasi-realistic bottom topography.
The biological component is based on a ten compartment model for the equatorial Pa-
cific (Chai et al., 2002a; Dugdale et al., 2002a). Biologically active tracers are silicic acid
(H4SiO4), nitrate (NO3), ammonium (NH
+
4 ), and dissolved inorganic carbon (DIC), two
phytoplankton size classes (silicifying and non-silicifying), two grazers (small and large zoo-
plankton) and detrital nitrogen and opal. Differences to the original version are schemes for
the remineralization of particulate organic nitrogen (PON) and for the dissolution of bio-
genic opal below the euphotic zone. Nitrogen is remineralized according to an exponential
function (Martin et al., 1987), opal has a temperature dependent dissolution rate similar to
Gnanadesikan (1999).
Opal dissolution rate (d−1) = (0.19 · T
25
+ 0.01) · e0.069(T−25),
with T in (◦C). The opal dissolution rate varies from 0.2 d−1 at 25◦C to 0.01 d−1 in the
deep ocean. The flux F of particulate organic nitrogen is described as a function of depth
z:
F (z) = F (z′)
(
z
z′
)−δ
,
with δ = 0.858 (Martin et al., 1987) and z′ is the depth of the base of the euphotic zone
(120 m). The different schemes lead to higher nitrogen than silicon remineralization in the
upper ocean. In the central and eastern equatorial Pacific silicon to nitrogen uptake ratios
of diatoms were found to be between 1.3 and 2.7 (Takeda, 1998; Hutchins and Bruland,
1998), possibly influenced by iron and/or silicon limitation. The model uptake ratio for
diatoms is set to 1.5.
After initialization with temperature and salinity data from Levitus and Boyer (1994) the
model is driven by monthly winds and heat fluxes from the Comprehensive Ocean Atmo-
sphere Data Set (COADS, www.cdc.noaa.gov/coads). A spinup of 15 years is sufficient for
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Figure 2.1: Surface currents (climatological mean) and boxes, that
are defined for examination.
the adjustment of the upper (1000 m) ocean. After the spinup, the model is run from 1945
to 1992. For the analysis model data from the last 13 years, 1980–1992, are used. An
in-depth description of both, the physical and biological model parts is found in Li et al.
(2001), Chai et al. (2002b), and Jiang et al. (2002).
2.2 Model Results: Climatology, El Nin˜o and La Nin˜a
in the Equatorial Pacific
The first part of this section is a brief validation of the model climatology of the equatorial
Pacific. Then, the focus is on the comparison of two distinct ENSO events in the eastern
equatorial Pacific, the La Nin˜a of 1988 and the El Nin˜o of 1992. Deviations of water mass
and nutrient transports from the climatological mean are calculated and corresponding
phytoplankton productivity changes are compared with field data.
For a convenient comparison of model results east of 150◦W the equatorial Pacific is divided
into two areas: The open ocean equatorial upwelling zone (EUZ, 150◦W - 90◦W, 2.5◦S -
2.5◦N), and the eastern equatorial Pacific upwelling zone (EEP, 90◦W - 78◦W, 5◦S to 5◦N,
Fig. 2.1). These two regions represent the equatorial Pacific area that is directly affected
by open ocean and/or coastal upwelling, both of which are defined as the vertical transport
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Figure 2.2: Upper panel: Sea surface temperature from model
(solid line), Conkright et al., 1998 (dashed) and COADS
(dash-dotted). The deviation at 90◦W is caused by the ab-
sence of the Galapagos islands. Lower panel: Depth of the
thermocline, here chosen as the 20◦C isotherm, model (solid)
and Levitus data (dashed).
across 50 m depth. The 20◦C isotherm was chosen as the model thermocline. It is located
at in the vicinity of the strongest temperature gradient and within the core of the EUC.
From field measurements and modeling studies it is known, that meridional circulation cells
along the equator contribute water and nutrients to the EUC and hence, supply the equa-
torial upwelling area (Lu et al., 1998; Johnson et al., 2001). For the poleward components
of the meridional circulation transports were integrated at 2.5◦N and 2.5◦S from the surface
down to 50 m, the lower bound of the poleward flowing surface currents. Equatorward
transport is situated between the poleward flowing surface layers (i.e. the top 50 m) and
the thermocline or, better, the core of the EUC (compare e.g. Fig. 2.3). The meridional
recirculation is integrated between 50 m depth and the lower bound of the EUC in the area
of equatorward velocities.
2.2.1 Climatology
Climatological SSTs in the EQPAC (Fig. 2.2) are in good agreement with World Ocean
Atlas 1998 and COADS data (Conkright et al.,1998; Slutz et al., 1985). Along the equator
the 13 years annual mean model sea surface temperatures are slightly higher west of the date
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line and slightly lower to the east of it. For the period 1980–1992 the model thermocline is
10 to 20 m deeper than data from Conkright et al. (1998, Fig. 2.2, lower panel).
The modeled equatorial upwelling at 50 m (170◦W–95◦W, 3.6◦S–5.2◦N) is 42 Sv for the
period 1980–1992, which is at the lower end of the 62 ± 18 Sv recently given by Johnson et
al. (2001) for 1991–1999. Peru coastal upwelling between 25◦S and 5◦S was calculated to 4.6
Sv (Wyrtki, 1963). Modeled upwelling in this area is 3.3 Sv averaged for the period 1980–
1992. Another ocean model estimates upwelling in the eastern equatorial Pacific (15◦S–2◦S)
of about 3.8 Sv (Aumont et al., 1999) in good agreement with the 3.5 Sv average from the
model. For the EUZ box a vertical transport of 42 Sv through the 50 m isoline is calculated
(Table 2.1). Despite stronger trade winds south of the equator modeled poleward surface
currents have higher velocities north of the equator. This has also been found in the data.
Explanations invoked for this are a combination of reduced Coriolis parameters north of
the equator due to the SECs and NECCs strong meridional shear and a stronger Ekman
transport north of 5◦N due to the opposition of the NECC to the main wind direction
(Johnson et al., 2001). Integrated at 2.5◦S and 2.5◦N down to 50 m about 24 Sv leave the
equatorial box toward the north and about 20 Sv to the south. Below this layer and down
to the depth of the EUC 17 Sv (re-) enter the box from the north and 7 Sv from the south.
Subsurface speeds were estimated to be slightly higher south of the equator (1.6◦S) with
0.05 m s−1 compared to 0.04 m s−1 in the northern hemisphere (Johnson et al., 2001). From
geostrophical calculations at 8◦S and 8◦N a net cross-equatorial water mass flux of about 10
Sv south to north was recently given by Johnson and McPhaden (1999), who argued, that
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this cross equatorial transport could account for the loss of water through the Indonesian
throughflow. Though they call their calculation highly uncertain, similar flux patterns were
also found in model studies (Lu et al., 1998; Rogers et al., 1999). The model does also
compute higher current velocities at the surface on the north side of the equator and the
meridional transport at 8◦S and 8◦N compare well with the numbers given by Johnson and
McPhaden (Fig. 2.4) but on average it predicts a net north-south cross-equatorial mass
transport of 10 Sv (150◦W to 90◦W, 0◦S). This flow connects the northern subtropical
gyre with the southern subtropical gyre. Together with the meridional asymmetric nutrient
distribution (Dugdale et al., 2001) the dynamic of the cross-equatorial pathways may have
an important impact on the distribution of heat and nutrients in the tropical Pacific. One
reason for the different cross-equatorial flow pattern may be the closed model boundaries
that do not allow an Indonesian throughflow. About 3.9 Sv are upwelled in the EEP with
the depth of the EUC’s core around 50 m. At 5◦N between 90◦W to 78◦W an average of
about 1 Sv reaches the top layer (50 m thick surface layer). Together with the small net
outflow to the south, coastal and EUC upwelling and transport across the northern face of
the cell balance the wind driven westward water mass loss of 4.3 Sv in the top 50 m.
Annual mean nutrient concentrations in 1988 and 1992 are compared with data from
Conkright et al. (1998) and from Louanchi and Najjar (2000) (Table 2.5, Figs. 2.5, 2.6).
In the EUZ measured nitrate ranges from 7.1 µmol l−1 to 10.8 µmol l−1, modeled climato-
logical mean of the nitrate concentration is 8.3 µmol l−1. Measured silicate varies between
5 µmol l−1 and 8 µmol l−1, the model value is 8.5 µmol l−1. Nutrient concentrations are
higher towards the eastern end of the equatorial Pacific. Measured concentrations in the
EEP range between 10.2 µmol l−1 and 15.8 µmol l−1 (NO3) and between 8.1 µmol l−1 to
11.5 µmol l−1 (H4SiO4). The model mean nitrate concentration of 9.3 µmol l−1is slightly
smaller than the measurements, but its silicate concentration is perfectly in the given range
(10.4 µmol l−1). The ammonia concentrations (not shown) are always well above the half
saturation concentrations of phytoplankton growth and therefore are assumed to have no
impact on the modeled production (Jiang et al., 2002). Since there are also only few mea-
surements of ammonium concentrations in the equatorial Pacific, the ammonium pathway
is not covered here. Except for the slightly higher silicic acid concentrations in the EUZ
the vertical profiles for nitrogen and dissolved silicic acid in the two boxes match very well
(H4SiO4: Fig. 2.6; NO3: Fig. 2.5).
Mean NO3 supply into the top 50 m in the EUZ is of the same order of magnitude like in
the literature (23.1·104mol s−1 vs. 31.7·104mol s−1 between 135◦W– 90◦W, 5◦S–5◦N, given
by Toggweiler and Carson, 1995). Similar to the pattern of water mass fluxes meridional
nutrient fluxes show a north-south asymmetry with more nutrients being supplied from the
northern side.
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EUZ Vert. Flux across 50 m depth Fluxes from North Fluxes from South
Water NO3 H4SiO4 NO3 H4SiO4 NO3 H4SiO4
Mean 42.6 29.0 27.8 -8.0 -7.1 -14.9 -12.8
∆La Nin˜a -0.5 +4.8 +9.2 -2.5 -4.3 -1.9 -3.8
∆El Nin˜o +2.3 -4.7 -7.8 +2.7 +3.4 +0.3 +1.8
Table 2.1: Water mass (Sv) and nutrient fluxes (104 mol s−1) in the open ocean
upwelling box.
EEP Vert. Flux across 50 m depth Flux from North Flux from South
Water NO3 H4SiO4 NO3 H4SiO4 NO3 H4SiO4
Mean 3.9 4.4 4.8 0.1 0.2 -0.1 -0.2
∆La Nin˜a -0.2 +0.5 +0.8 +0.1 0˜ +0.5 +0.5
∆El Nin˜o +1.1 0˜ -0.4 +0.1 0˜ -0.2 -0.1
Table 2.2: Water mass (Sv) and nutrient fluxes (104 mol s−1) in the eastern
equatorial Pacific box.
Tot. prod. EUZ EEP
Sml Phyt. Diatoms Σ Sml Phyt. Diatoms Σ
Mean 26.7 21.1 47.8 15.8 12.9 28.7
∆La Nin˜a -2.0 +2.1 +0.1 -0.7 +0.7 +0.0
∆El Nin˜o -1.4 -5.0 -6.4 -0.1 -0.2 -0.3
Table 2.3: Model total production rates in mmol C m−2d−1.
New. prod. EUZ EEP
Sml Phyt. Diatoms Σ Sml Phyt. Diatoms Σ
Mean 7.2 11.3 18.5 4.0 9.9 13.9
∆La Nin˜a -1.0 +1.9 +0.9 -0.2 +0.4 +0.2
∆El Nin˜o +0.4 -3.3 -2.9 +0.1 -0.3 -0.2
Table 2.4: Model new production rates in mmol C m−2d−1
EUZ EEP
NO3 H4SiO4 NO3 H4SiO4
Conkright et al. 1998 10.8 8.0 15.8 11.5
Louanchi & Najjar 2000 7.1 5.0 10.2 8.1
Model ’80-’92 clim. mean 8.3 8.5 9.3 10.4
” La Nin˜a +1.6 +2.7 +2.4 +3.1
” El Nin˜o -1.7 -2.5 -2.4 -3.1
Table 2.5: Nutrient concentrations in µmol l−1, data vs. model.
The model transport of silicic acid from the EUC into the productive open ocean upwelling
area is estimated with a simplifying budget. Taking the vertical H4SiO4 transport across the
50 m depth isoline and subtracting the northern and southern inflow between 50 m depth
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Figure 2.5: Vertical profiles of NO3in the EUZ
(upper panel) and EEP (lower panel). Model
data of climatological mean (solid black line),
during El Nin˜o(red) and La Nin˜a(blue). Clima-
tological mean of field data from Conkright et al.
(1998, dashed) and Louanchi and Najjar (2000)
(dash-dotted).
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Figure 2.6: Vertical profiles of H4SiO4in
the EUZ (upper panel) and EEP (lower
panel). Model data of climatological mean
(solid black line), during El Nin˜o(red) and
La Nin˜a(blue). Climatological mean of
field data from Conkright et al. (1998,
dashed) and Louanchi and Najjar (2000)
(dash-dotted).
and the base of the thermocline, results in an approximation of the net H4SiO4 supply from
the EUC. Hereby it is assumed that the nutrient flux from below the EUC is negligible.
Moreover, this budget can only be performed for model silicate since in contrast to the NO3
and carbon fluxes there is only little silicate regeneration in the top 200 m. Calculated
from this, the mean Si transport from the equatorial undercurrent into the EUZ is about
15.5·104mol H4SiO4 s−1. Nitrate and silicate are transported into the upwelling area in a
ratio of about 1. Since we assume a nutrient (Si:N) uptake ratio for diatoms of 1.5:1 and
because the nutrient ratios in the euphotic layers of the EUZ and EEP boxes are below
this (∼1.0 and 1.1), the modeled eastern equatorial Pacific is deficient in silicic acid. This
is consistent with results from the literature, calling the eastern equatorial Pacific a ”Low
silicate-high nutrient low chlorophyll” area (Dugdale et al, 2002b).
Total production rates for two ecological provinces defined by Longhurst (1998), i.e. the
Pacific Equatorial Divergence Province (20-30 mmol C m−2 d−1) and the Central American
Coastal Province (60-120 mmol C m−2 d−1), compare well with numbers given by the model,
28-58 mmol C m−2 d−1 and 50-82 mmol C m−2 d−1, respectively. The modeled primary
productivity is integrated over the whole simulated euphotic layer, i.e. the top 11 model
layers (0 m - 118 m depth). Close to the equator the numbers compare well. Since the
biological model with its Si limited diatom growth is fitted to the equatorial Pacific there
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Date Area Measurement Model
NP PP Reference NP PP
2-3 ’92 140◦W, 5◦S-5◦N 5 56 6 12 37
140◦W, 0◦S 3 38 6 20 47
8-9 ’92 140◦W, 5◦S-5◦N 14 6 19
91 7 55
140◦W, 0◦S 17 119 6 27 64
2-3 ’88 150◦W, 8◦S-6◦N 5 34 5 24 50
150◦W, 0◦S 9 56 5 24 59
4 ’88 135◦W, 6◦S-7◦N 7 55 9(+) 18 55
11’ 88 140◦W-110◦W, 5◦S-5◦N 2∗ 3 2∗
11 ’82 - 11’ 83 85◦W-80◦W, 5◦S-0◦S 1-16 (∗) 1 1(∗)
’83/’84/’89(++) 84◦W-90◦W, 5◦S-5◦N 81 2 38
8-11 ’90 90◦W-80◦W, 5◦S-5◦N 42-67 4 34(∗∗∗)
ave. ’90-’96 180◦W-90◦W, 5◦S-5◦N 14-20 75 8 15(∗∗) 43(∗∗)
Table 2.6: Comparison of model productivity with measurements. PP: Primary
Productivity, NP: New Production. If not stated otherwise productivities (PP,NP)
are in units of mmol C m−2 d−1.
References:
1 Barber and Chavez (1986), 2 Barber and Chavez (1991), 3 Chavez et al. (1991) 4
Fiedler et al. (1991), 5 Dugdale et al. (1992), 6 McCarthey et al. (1996), 7 Barber
et al. (1996), 8 Chavez et al. (1996), 9 Pen˜a et al. (1992).
(+) recalculated after McCarthey et al. (1996)
(++) averaged over 12’83/3-4’84/4-6’89
(∗) Surface Primary Productivity mmol C m−3d−1
(∗∗) mean values ’88 and ’92
(∗∗∗) mean value 8-11 ’88 and 8-11 ’92
are discrepancies toward the subtropical gyres where ammonium based production is more
important (not shown here, Jiang et al., 2002).
Tables 2.5, 2.3 and 2.4 give area averages for nutrient concentrations, total and new produc-
tion. Diatom new production is predominantly located in areas of high silicate concentra-
tions, anomalous high productivity is found right on the equator where strongest upwelling
takes place (Fig. 2.7). Whereas the small phytoplankton is easily grazed and the small zoo-
plankton concentrations increase when small phytoplankton biomass increases, the modeled
diatoms have the potential to build up higher biomass. Highest diatom productivity in the
open ocean is located somewhat east or downstream of the maximum silicate concentra-
tions. The measured and modeled phytoplankton productivities are highly variable due to
the possible extreme states the systems can adjust to. Across the entire equatorial Pacific
from 180◦W to 80◦W measured primary productivity ranges from 38 to 119 µmol C m−2d−1,
new production was measured between 5-20 µmol C m−2d−1 (Table 2.6). The model gives
values from 34-64 µmol C m−2d−1 for total production and from 12-24 µmol C m−2d−1 for
new production. Whereas the long term average is in good agreement with measurements
part of the single station or section values in the open ocean upwelling zone differ from the
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Figure 2.7: Diatom new production (mmol C m−2 d−1), cli-
matological mean.
model results. A limited amount of primary production measurements in the EEP and no
measurements of new production at all were found(Table 2.6).
2.2.2 La Nin˜a and El Nin˜o
A measure for ENSO is the sea surface temperature anomaly in the eastern equatorial
Pacific. SST anomalies of the two areas Nin˜o1+2 (90◦W - 65◦W, 10◦S to 0◦N) and the
Nin˜o3 (150◦W - 90◦W, 5◦S - 5◦N)) are compared with model results. This check for the
model’s ability to reproduce the physical aspects of the oscillation is shown in Fig. 2.8.
In the open ocean box the time series of the model and the measurements match very
well. Only the exceptionally strong El Nin˜o in 1982/1983 could not be reproduced with the
same amplitude. The same holds true for the Nin˜o1+2 box, but with bigger discrepancies
of the amplitudes of several ENSO events. For coupled ocean-atmosphere models it is a
general feature and common problem that the frequency of ENSO can be predicted but not
its strength and amplitude (Meehl et al., 2000). In the ocean only model this is at least
partly due to the monthly averaged wind field, that cuts off peak values, and the coarse
grid resolution. This analysis focuses on the last two ENSO events of the model time series
beginning in 1988 (La Nin˜a) and in 1992 (El Nin˜o), i.e. the terms ”El Nin˜o” and ”La
Nin˜a” refer to these two model situations. Typical changes associated with La Nin˜a and El
Nin˜o are stronger westward winds and higher westward velocities of the equatorial surface
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Figure 2.8: Sea Surface Temperature anomaly in K for the
Nin˜o3 (upper panel) and the Nin˜o1+2 region (lower panel),
model (solid line) and monthly mean data from the NOAA
(National Oceanic and Atmospheric Administration) Climate
Prediction Center (dashed).
current (South Equatorial Current, SEC) during the cold state and less winds and a slower
eastward surface current during the warm phase. This common pattern is also found in the
model except for the modification of the so called ”surfacing” of the equatorial undercurrent
during La Nin˜a (compare Fig. 2.10). The main branch of the SEC is usually centered at
about 1.5◦N, whereas during La Nin˜a it is slightly shifted northward. Right on the equator
is a maximum reduction of the current speed due to the EUC’s influence. During El Nin˜o
surface currents have slower speed with even small eastward velocities right on the equator.
Similarly, the thermocline (averaged from 2.5◦S to 2.5◦N) in the eastern equatorial Pacific
is between 5 and 24 m shallower than the climatological mean (La Nin˜a), whereas during
the El Nin˜o it is deeper by 5 m to 35 m (Fig. 2.9). A couple of productivity measurements
conducted by the American JGOFS program will be used for a comparison of model and
field data.
Water mass and nutrient transports during La Nin˜a
Associated with the changes of the surface current and the thermocline depth are changes in
water mass and nutrient transport Examining the water mass flux it is first noticeable that
during La Nin˜a upwelling in the EUZ box changes from the climatological mean of 42.6 Sv
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to a slightly lower value of 42.1 Sv. Due to the westward movement of the main upwelling
area (defined by highest vertical velocities), net upwelling between 150◦W and 90◦W and
between 2.5◦S and 2.5◦N decreases (Table 2.1). From 170◦W to 90◦W upwelling changes
from mean 49.6 Sv to 52.3 Sv. Similarly, the overturning cell moves westward. During
this La Nin˜a the EUC surfaces between 110◦W and 100◦W and forces the SEC to draw
aside towards the south and the north. Therefore, poleward transports are enhanced from
115◦W to 95◦W and are reduced from 130◦W to 115◦W. All together the meridional influx
into the EUZ below 50 m is reduced and again enhanced in the larger area. At the eastern
and western faces of the EUZ both, net inflow and outflow are enhanced by 0.2 Sv and 0.1 Sv.
A reduction of the modeled vertical water transport can also be found in the EEP box,
but for a different reason. Here, the climatological thermocline is located between 50 m
and 60 m. During times of La Nin˜a the thermocline moves up and with it the depth of
strongest upwelling velocities. Hence, at 50 m vertical transport is slightly reduced. In
this box the vertically supplied water not only originates from the EUC, but also in part
from the Peru coastal current. At the northern face of the EEP box the average outflow
gets stronger during La Nin˜a whereas the mean southern outflow turns into an inflow with
highest velocities in the sphere of the Peru current right at the coast, meaning that the Peru
coastal current plays a more important role during La Nin˜a. Outflow to the west is also
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Figure 2.9: Thermocline depth anomalies during La
Nin˜a(dashed line) and El Nin˜o(solid line, positive is deeper).
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Figure 2.10: Vertical section of zonal velocity
anomaly [m s−1] along the equator during La
Nin˜a, averaged from 2.5◦S to 2.5◦N (positive
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Figure 2.11: Vertical section of zonal velocity
anomaly [m s−1] along the equator during El
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Figure 2.12: Meridional velocity anomaly [m
s−1] across the equator during La Nin˜a, aver-
aged from 150◦W to 90◦W (positive = north-
ward).
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Figure 2.13: Meridional velocity anomaly [m
s−1] across the equator during El Nin˜o, aver-
aged from 150◦W to 90◦W (positive = north-
ward).
enhanced by 0.3 Sv and feeds more water to the open ocean upwelling zone.
Nutrient (H4SiO4 and NO3) fluxes are given by the area integrated product of velocity and
concentration, for vertical transport at 50 m depth. Despite decreased upwelling in the
areas covered vertical nutrient fluxes increase in both, the central eastern and far eastern
equatorial Pacific (Tables 2.1 and 2.2). At times of La Nin˜a the stronger EUC simply
transports more nutrient rich water from greater depths into the EUZ (Fig. 2.15). Absolute
EUC velocities are about 130 cm s−1, average is about 80 cm s−1 at 150◦W. The vertical
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Figure 2.14: Nutrient fluxes (104mol s−1) across the northern and
southern sub-surface cells of the EUZ.
supply of about 27.8·104 mol H4SiO4 s−1 is enhanced by 9.2·104 mol H4SiO4 s−1 during the
La Nin˜a situation (Table 2.1). Additional nitrate supply during La Nin˜a is comparatively
less, +4.8·104mol s−1, compared to the mean of vertical supply of 29 ·104mol s−1. Similarly,
the stronger meridional circulation transports more nutrients into the open ocean box (Fig.
2.14). Part of this flux is a recirculation of nutrients upwelled from the EUC, part of it
is also a stronger cross-equatorial nutrient flux from the northern subtropical gyre to the
southern hemisphere. The nutrient inflow at the eastern face of the cell is increased, and
the nutrient out flux in the top five layers at the western face is balanced by the influx
between 50 and 110 m.
The ratio of Si to N supply gives information on the nutrient limitation in the equatorial
upwelling zone. During La Nin˜a vertically supplied nutrients enter the EUZ in a ratio of
about 1.1 (H4SiO4 to NO3) which is higher than the climatological mean of 0.9 (Table 2.1).
Upon upwelling, unused nutrients are transported polewards. H4SiO4 to NO3 ratios in the
surface currents at 2.5◦ off the equator change with mean ratios below 1 increasing during
La Nin˜a. Averaged over the full model time series, at 90◦W silicic acid and nitrate enter
the EUZ with a ratio slightly above one and again increasing during the La Nin˜a situation.
In the eastern equatorial Pacific nutrient fluxes across the northern and southern face of
the EEP box are small compared to the vertical supply (4-5·104 mol s−1 vs. 0.2·104 mol
s−1, Table 2.2). The Si to N supply ratio is generally above unity and becomes larger
during the cold season. Only the small mean transport towards the south changes to an
in-bound transport with a Si/N ratio below zero. All together, relatively more silicic acid is
transported into the system during the described La Nin˜a, thus reducing the Si deficiency
of the two areas.
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tours and zonal velocity u (m s−1, black contour lines). Upper panel:
Climatological mean, middle panel: La Nin˜a, lower panel: El Nin˜o.
Water mass and nutrient transports during El Nin˜o
At the beginning of El Nin˜o a Kelvin wave propagates along the equator from the west
to the east, which deepens the thermocline in the east and results in a surplus of 0.2 Sv
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crossing the 50 m depth isoline from below. This somewhat counterintuitive result for the
warm situation is explained by the eastward shift of the thermocline depth in the EUZ box.
As expected, in the area between 180◦W and 90◦W the overall vertical transport decreases
by 3.5 Sv.
The net water inflow across the western face of the cell is reduced by 0.1 Sv because of a
vigorous reduced inflow at depth (50 m - 120 m). The cross-equatorial connection between
the subtropical gyres seems to be cut off at times of El Nin˜o. A stronger meridional circu-
lation cell on the southern side and the thermocline lift up at the NECC interrupt this flow
(Fig. 2.13). Though the vertical water mass flux across the 50 m depth isoline is slightly
enhanced, the equatorial Ekman divergence is not as pronounced. Hence, overall upwelling
(vertical velocities) in the upper layers on the equator reaches not as deep as during times of
La Nin˜a and less nutrients are upwelled (Table 2.1, Fig. 2.15). The net supply by the EUC
is cut in half (7 ·104 mol H4SiO4 s−1.) For the same reason (less deep upwelling) a reduced
vertical transport of nutrients in the eastern equatorial box is found. Also the southward
nutrient flow in the EEP is reduced, whereas there is almost no change at the northern face
during El Nin˜o. From Tables 2.1 and 2.2 it can be seen, that compared to nitrate relatively
less silicic acid enters and leaves the two areas. Hence the silicic acid deficiency is enhanced.
Averaging the mixed layer nutrient concentrations in the two boxes support these findings
(Figs. 2.6 and 2.5).
Overall pattern of nutrients
El Nin˜o and La Nin˜a anomalies for both, nitrate and silicate concentrations are shown in
figures 2.16 – 2.19. There are two source regions of nitrogen and silicate to the system,
the coastal upwelling and the open ocean upwelling of nutrients from the EUC right on
the equator. Coastal upwelling across 50 m depth is greatly reduced during El Nin˜o and
enhanced at times of La Nin˜a, which is visible in low, resp. high nutrient concentrations
along the coast. Anomalous coastal upwelling is predominantly located to the southern side
of the equator, therefore, nitrate concentrations are higher to the south. The patterns for
silicate are similar except for the fact that concentration gradients for silicate are sharper.
Whereas about 90 % of the exported nitrate are regenerated and recirculated in the upper
400 m of the model there are only about 40 % of the biogenic opal remineralized in the
same depths (Jiang et al., 2002). Upon this weak silicic acid recycling compared to nitrate,
the (modeled) eastern equatorial Pacific is Si-limited and not nitrate limited.
In the Panama basin the (eddy like) surface currents (Fig. 2.22), cause much lower clima-
tological and anomalous nutrient concentrations in the top 50 m between 110◦W to 80◦W
and 2◦N to 5◦N than at the corresponding southern latitude. As it will be shown below
this has a significant impact on the model biology. The change of the surface winds during
ENSO has an opposite effect on this area compared to the Nin˜o3 or Nin˜o 1+2 box, which
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Figure 2.16: H4SiO4 concentration (µmol
l−1) anomaly during La Nin˜a, mixed layer
average.
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l−1) anomaly during El Nin˜o, mixed layer
average.
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Figure 2.18: NO3 concentration (µmol
l−1) anomaly during La Nin˜a, mixed layer
average.
−6
−4
−2
0
2
4
6
100E 130E 160E 170W 140W 110W 80W
−15
−10
−5
0
5
10
15
Longitude
La
tit
ud
e
−2 −2
−
2
−2
−
2
−2
−
2
−2
−2
−
2
−2
−
2
−
2
−2
−
2
−1
−
1
−1
−1
−1
−
1
−1
−1
−1
−1
−
1
0
0
0
0
0
0
0
0
0
0
0
0
0
0
0
0
0
00
0
0
0
0
−
1
−1
−
1
−1
−1
0
0
0
0
0
1
1
1
1
1
−3−3
−
3
0
0
−1
−
1
−1
−
1
−4
−4
−4
−
4
−4
−4
−4
1
1
1
1
−
4
−
4
0
−2
−
2
−3
−
3
−
1
−
1
1
−4.7478
2
−
4.
74
78
0
−
4
1
−2
2
2
1
−
4
−
1
Figure 2.19: NO3 concentration (µmol
l−1) anomaly during El Nin˜o, mixed layer
average.
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Figure 2.20: Mixed layer averages of DIC
concentrations (µmol l−1) during La Nin˜a.
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Figure 2.22: Surface currents in the Panama basin,
model data
is basically a not as pronounced nutrient enrichment during La Nin˜a and a not as strong
anomalous reduction during El Nin˜o.
Dissolved inorganic carbon
Dissolved inorganic carbon concentrations change in the same way like silicate and nitrate
concentrations. Despite a high export of larger phytoplankton, surface TCO2 concentra-
tions remain high during La Nin˜a whereas during El Nin˜o lowest concentrations are found
(Figs. 2.20 and 2.21). This implies that stronger upwelling of dissolved inorganic carbon
exceeds stronger downward transport of organically fixed carbon and leads to higher ocean–
atmosphere fluxes of CO2 (Feely et al., 1999). The representation of the carbon chemistry
in the model has to be refined, therefore, only DIC concentration anomalies are shown.
Productivity
A canonical correlation analysis (see for instance von Storch and Zwiers, 1999) for a model
time series of 13 years shows a high correlation (r=0.975) between thermocline depth and
total productivity. The maxima and minima of the time series (not shown) fit well with the
SST anomalies for the Nino3 and Nino 4 boxes (e.g. Wallace et al., 1998). This already
implies a strong correlation of the La Nin˜a and El Nin˜o events with the surface ocean
productivity.
The mean silicate concentration of about 8.5 µmol l−1 in the EUZ favors high diatom
productivity but during the considered ENSO cycle the H4SiO4 concentration decreases
from 11.2 µmol l−1 at La Nin˜a to about 6 µmol l−1. Despite enhanced diatom growth
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during the cold condition strong nutrient supply exceeds strong nutrient consumption. The
same holds true in the EEP where a shift from 13.5 µmol l−1 to 7.3 µmol l−1 takes place.
Averaged over the top 50 m, i.e. the area where almost 90 % of the primary production
is carried out, the modeled silicate concentration changes have a much higher impact on
diatom growth. Now, mean silicic acid concentrations in the EUZ (5.6 µmol l−1) and EEP
(5.5 µmol l−1) change from well above the half saturation concentration for diatom growth
at 3 µmol l−1 to close by values of 3.2 µmol l−1and 4.2 µmol l−1, resp., indicating a large
change of the diatom growth rates. These changes lead to relatively strong anomalies in
diatom growth (Tables 2.3 and 2.4). In the eastern equatorial Pacific minimum values
during El Nin˜o are higher by 1 µmol l−1than in the EUZ. Hence the change in diatom
productivity is not as pronounced as in the open ocean zone (Fig. 2.24). The small
phytoplankton half saturation constant K1/2 is 0.5 µmol l
−1 NO3 and even in El Nin˜o
conditions the NO3 concentration stays above that value.
During the El Nin˜o phase in early 1992 a US JGOFS cruise measured primary productivity
at 140◦W right on the equator of 38 µmol C m−2 d−1 and of 56 µmol C m−2 d−1 between
5◦S and 5◦N. Half a year later, during a La Nin˜a period rates almost doubled to 119 µmol C
m−2 d−1 (0◦S) and 19 µmol C m−2 d−1 (5◦S to 5◦N). New production increased even more
from 3 µmol C m−2 d−1 (5 µmol C m−2 d−1) in February and March to 17 µmol C m−2 d−1
(14 µmol C m−2 d−1). Table 2.6 gives the corresponding model rates. During the simulated
El Nin˜o, primary production rates are about 50% smaller than half a year later when the
surface ocean is driven into La Nin˜a conditions. The same holds true for the modeled new
production rates (9 to 13 µmol C m−2 d−1 during El Nin˜o vs. 21 to 37 µmol C m−2 d−1).
Comparing measured data and model results for 1988 in the EUZ, results are similar: Model
rates are equal or lower for primary productivity and higher for new production with the
exception of one data point for November 1988 having higher surface ocean productivity
values in the model.
Not many productivity measurements were carried out in the eastern equatorial Pacific be-
tween 80◦W to 90◦W and 5◦S to 5◦N (Table 2.6) with new production rates not measured
at all. From August to November 1990 measured total productivity ranges from 42 µmol
C m−2 d−1 - 67 µmol C m−2 d−1. This value is strongly correlated with the nutrient con-
centration in August to November 1988 (Fiedler et al., 1991). For those months the model
primary productivity is averaged to 53 µmol C m−2 d−1. The only two other measurements
(Barber and Chavez, 1986, 1991) were both higher than the corresponding model values.
As it known, that diatoms have the potential to build up higher biomass during phases
of La Nin˜a (e.g. Chavez et al., 1999, their table 1). The same can be observed in the
model. The different setups for the two phytoplankton compartments lead to an interesting
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Figure 2.23: Diatom new production (mmol C m−2 d−1) dur-
ing La Nin˜a.
change of phytoplankton production during the course of an ENSO cycle. During La Nin˜a
total and new production increase in the EUZ and in the EEP. This increase in due to
stronger diatom productivity at the expense of the small phytoplankton (Tables 2.3 and
2.4). Mesozooplankton growth rates are too small to significantly suppress diatom biomass
buildup in this period. During El Nin˜o diatom new production goes down markedly whereas
the small phytoplankton is able to increase new production. Both areas, the central/eastern
equatorial Pacific and the far eastern equatorial Pacific show this trend. A more diverse
pattern of diatom new production is shown in Figs. 2.7 - 2.24. The main area of increased
production during La Nin˜a is centered on the equator at 150◦W in the open ocean upwelling
zone. In the EEP (Fig. 2.23) diatom new production increases mainly south of 2◦N. In the
Panama basin north of 2◦N is an area that is not influenced by the EUC at all and only a
little bit by coastal upwelling. Hence, the silicate and nitrate concentrations do not increase
to the same extent as in the other area, and diatom production does not increase. Small
phytoplankton profit stronger from the slight increase in nutrient concentrations and show
increased new production rates during La Nin˜a (Table 2.4 ).
The pattern of new production during La Nin˜a is basically reversed during the warm phase.
Only the Panama basin faces anomalous high diatom production (up to 2 mmol C m−2 d−1).
The remaining central and eastern equatorial upwelling area shows production rates that
decrease down to 6 mmol C m−2 d−1). A slight increase in small phytoplankton productivity
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Figure 2.24: Diatom new production (mmol C m−2 d−1) dur-
ing El Nin˜o.
is found in the EUZ. This corroborates the assumption that only in case of weak diatom
productivity the small phytoplankton is enabled to carry out stronger (new) production.
2.3 Linking the Silicic Acid in the Southern Ocean
with the Equatorial Pacific
The equatorial Pacific has been identified as one of the ”High Nutrient Low Chlorophyll”
areas of the world (Dugdale and Wilkerson, 1998). In a recent data and modeling approach
it was shown, that this description could be extended to ”Low Silicate–HNLC”, due to the
prevailing low [H4SiO4] to [NO3] (Dugdale and Wilkerson, 1998). Low silicate concentra-
tions originate from an asymmetry of source nutrients to the equatorial Pacific (Dugdale et
al., 2002b). Three areas remote of the equatorial Pacific supply nutrients to the EUZ and
the EEP. Those are the North Equatorial Countercurrent (NECC), the North Pacific via
the Mindenao Current and the Southern Ocean via the New Guinea Coastal Undercurrent
(NGCUC). In the far western Pacific the EUC is fed equally with waters from the North
Pacific and from the Southern Ocean. Differences in the H4SiO4 to NO3 ratios of these two
sources could be identified. Whereas the northern water masses from the Mindenao current
and the NECC have a molar nutrient ratio of about 1:1 (H4SiO4:NO3), its southern counter-
part is deficient in silicic acid relative to nitrate. Only about 30% of the silicic acid that is
44
2.4 An Analogue for the Last Glacial Maximum?
fed into the EUC originates from the Southern Ocean. This results in a coupling of Southern
Ocean (diatom) productivity and equatorial Pacific (diatom) productivity (Dugdale et al.,
2002b). If the leakage of silicic acid from the southern ocean would have been enhanced
at the LGM this might have had an impact on the productivity of the equatorial oceans,
especially the equatorial Pacific. Stronger diatom production and less coccolithophore pro-
duction could have lowered atmospheric pCO2 by as much as 60 ppm (Brzezinski et al.,
2002).
2.4 An Analogue for the Last Glacial Maximum?
Andreasen et al. (2001) took wind fields from the Paleoclimate Model Inter-comparison
Project (Pinot et al, 1999) to force a high resolution model for the mid latitude ocean. They
showed a good agreement of LGM modeled thermocline depths anomalies with thermocline
paleodata by Andreasen and Ravelo (1997) and concluded that due to relatively stronger
currents along the Peruvian coast SSTs were lower but the depth of the thermocline in
the far eastern equatorial Pacific at the LGM did not differ compared to today. Bush and
Philander (1998) and Liu et al. (2000) estimated thermocline depth anomalies in the central
to eastern equatorial Pacific between 10–20 m.
Having in mind, that the LGM might have faced stronger and more La Nin˜as (Clement et
al., 1999), it can be assumed that the thermal structure of the EEP during La Nin˜a might be
used as an analogue for the EEP state at the LGM. Given similar thermocline anomalies the
changes in nutrient supply during La Nin˜a might be a piece of circumstantial evidence for
the direction of the change of nutrient supply at the LGM. Under the additional assumption,
that the signal of opal production is vertically transported down into the sediment, it might
be valid to compare the pattern of diatom production with the pattern of opal shells in
the sediment. It is clear, that this comparison only alludes to the trade wind’s influence on
upwelling along the equatorial Pacific. Other boundary conditions that are of importance for
modeling the eastern equatorial Pacific climate system include heat and dust fluxes across
the atmosphere-ocean boundary, salinity (freshwater fluxes), source waters of the equatorial
undercurrent, nutrient source water concentrations, phytoplankton composition and species
dynamics. It is by no means feasible to make predictions on the influence of these conditions.
The two processes, the opal production in the surface and the accumulation of opal in the
sediment do not follow a simple functional dependency (Ragueneau et al., 2000). A LGM–
Holocene change in the boundary conditions might lead to a change of the coupling of the
two processes. This would further reduce the meaningfulness of the following comparison.
Nevertheless, the inferences that can be drawn from the La Nin˜a model results to the LGM
are interesting.
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Figure 2.25: Observed thermocline depth anomaly (di-
amonds) as inferred from foraminiferal assemblages and
Holocene La Nin˜athermocline depth anomaly (La Nin˜aminus
climatological mean, solid line) along the equator.
Fig 2.25 shows the thermocline depth anomalies for the LGM (proxy data, 20 ka BP minus
present) and La Nin˜a (model 1988). Strongest anomalies are located between 110◦W and
140◦W, exactly where the model produces the strongest changes in diatom productivity
(figure 2.23). Toward the coast in the EEP the modeled anomalies tend to become zero
again, similar to the estimates from stable isotopes for the LGM.
As mentioned above, the La Nin˜a model results for primary productivity in the eastern
equatorial Pacific show significantly enhanced productivity south of 2◦N. This is mainly due
to stronger nutrient upwelling from the EUC and along the Peruvian coast. North of the
equator in the Panama basin stronger circular surface currents prevent both anomalous high
nutrient concentrations in the upper mixed layer and strengthened new diatom productivity
(Fig. 2.23). To compare the modeled new diatom productivity with percentage of biogenic
opal in the sediment three basic assumptions are made. First, that the fraction of opal
buried is more or less constant through time, second, that the opal dissolution rate is
constant proportion of the (vertical) burial flux and last, that due to global undersaturation
the dissolution rate is not affected by circulation changes (Charles et al., 1991). From this
point of view there may exist similarities in the data and in the model results, i.e. qualitative
patterns in opal accumulation could be compared with diatom new production rates. We
are well aware of the fact, that % opal data may give less good information about diatom
46
2.4 An Analogue for the Last Glacial Maximum?
−0.4
−0.35
−0.3
−0.25
−0.2
−0.15
−0.1
−0.05
0
0.05
0.1
100W 95W 90W 85W 80W 75W
−5
−4
−3
−2
−1
0
1
2
3
4
5
Longitude
La
tit
ud
e
Figure 2.26: Holocene diatom new produc-
tion anomaly (mmol C m−2 d−1), defined as
diatom new production during La Nin˜a mi-
nus climatological mean. The diatom pro-
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Figure 2.27: Percentage opal in sediments of
the eastern equatorial Pacific, LGM values
minus Holocene sediment surface values.
productivity in the surface ocean than opal mass accumulation rates (MAR). Unfortunately,
there is by far not as much opal MAR data as % opal data.
Holocene and LGM data of % biogenic opal from the CLIMAP 18 ka data (www.pangaea.de)
is gridded and qualitatively compared with model surface ocean productivity values. To
compare changes in % opal the LGM (=cold) values are subtracted from the sediment
surface values of the Holocene (warm). In the EEP % opal differences range from minus
20% to plus 50% (figure 2.27). Two areas with minimum values near the Galapagos islands
90◦W, 0.5◦N and further north east in the Panama basin are separated by a band of higher
productivity. South east of Galapagos towards the southern side of the EUC sediment %
opal rise again. Similar to the opal data La Nin˜a new production values were subtracted
from the ”Holocene” or warm value, in this case the climatological (model) mean of diatom
new production (Fig. 2.26). An area of minimum values is also found in the Panama basin,
meaning that there the average diatom new production is bigger than during the cold state.
In the south west corner of the considered area values are negative as well. Strongest positive
values are located in the north west corner around 87◦ W and 2◦ N.
Diatom new production differences were plotted against percentage opal sediment values in
three different combinations: Values north of the equator, values south of the equator and
all values together (Figs. 2.28 and 2.29). A statistically significant correlation with a low
regression coefficient (r=0.5) is found for the values to the north of the equator, that more
or less coincides with the Panama basin area. South of the equator one can hardly speak
of a significant correlation. The combination of all values gives a statistically significant
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correlation with a very low regression coefficient.
The Panama basin is a region mainly influenced by the North Equatorial Counter Cur-
rent and to a less extent by coastal upwelling, not as much by the South Equatorial Cur-
rent/Equatorial Undercurrent system. Changes of thermocline depth during La Nin˜a are not
pronounced as well as the difference of the La Nin˜a and climatological thermocline is small.
Its diatom new production difference (Fig. 2.26) mirrors the silicic acid difference (La Nin˜a
minus climatological values) in the mixed layer. In case the model La Nin˜a situation, i.e.
the difference between mean/warm conditions and a cold state in the EEP, is a valid ana-
logue to the LGM the following processes could have happened in the Panama basin and the
surrounding area at times of the LGM: Stronger than Holocene trade winds led to increased
current speeds in the equatorial Pacific. Coastal and open ocean upwelling increases nutrient
concentrations along the path of the SEC and increases diatom productivity on the expense
of small phytoplankton southwest of the Panama basin. The Panama basin itself would
have experienced lower H4SiO4 concentrations than nowadays and hence had less diatom
productivity. Here, small phytoplankton would be expected to have increased. Results from
another model study also show very small changes in the opal content of the Panama basin
and at least do not conflict with the results presented here (Heinze and Dittert, 2002). To
the south of the equator the nutrient supply by coastal upwelling and the EUC is strongest,
but there is not a strong trend. One reason for the low or non-existent correlation with
model data might be the absence of the Galapagos archipelago where a strong minimum in
the opal pattern is found. This region is more connected to different currents than it is the
Panama basin and undergoes stronger changes in nutrients and productivity. Though the
assumptions cannot be rejected, the southern part of the EEP box implies that the story of
diatom production and diatom remainders in the sediment is not as straightforward as it is
on the northern side. Diatom production was not per se enhanced in the close vicinity of
the EUC. The use of opal MAR instead of % opal will help in further testing the hypothesis.
These results do also not reject the hypothesis of reduced productivity in the vicinity of the
SEC (Loubere, 2000).
2.5 Discussion
There are some drawbacks of the biological model compartment. Neither is iron explicitly
included in the model nor is there a compartment for calcifying phytoplankton. Future
model versions will include at least a compartment for the calcifying phytoplankton.
During La Nin˜a, strong trade winds and strong coastal upwelling might enhance the bioavail-
ability of iron to both the eastern equatorial upwelling zone and the open ocean upwelling
zone (Chavez et al., 1999). This affects diatom growth and phytoplankton elemental ratios
(Martin et al., 1994). Though a local variation of the photosynthetic curve of diatom growth
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Figure 2.28: Holocene diatom new production
anomaly (La Nin˜a minus climatological mean)
vs. % opal (LGM minus Holocene) in the sed-
iment, north of the equator (upper panel) and
south of the equator (lower panel)
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Figure 2.29: Holocene diatom new production
anomaly (La Nin˜a minus climatological mean)
vs. % opal (LGM minus Holocene) in the sed-
iment, north and south of the equator.
implicitly accounts for the iron fertilization effect, dust input events or increased iron supply
from local upwelling cannot be represented.
Calcite producing phytoplankton have a significant impact on the carbonate chemistry both
in the mixed layer through calcite production and in the deep water through calcite disso-
lution. CaCO3 is made out of Ca
2+ and CO2−3 both of which strongly influences alkalinity
and pCO2 concentrations.
Also, the biogenic silica regeneration in the upper water column remains unsettled. Export
schemes for biogenic material in biogeochemical ocean circulation models are still debated.
For instance, it has been suggested that the global average of opal dissolution could be as
high as 50 % in the top 200 m, a value that is not achieved in the model. The export is
realized by the widely used ”Martin curve” (Martin et al., 1987), that describes the reduction
of biogenic particle flux with depth as a power law function with a single coefficient. Recent
models now use a more mechanism–based quantification of combined particulate organic
carbon, opal and dust fluxes (Armstrong et al., 2002; Klaas and Archer, 2002). Since the
current system in the eastern equatorial Pacific can be compared to a chemostat (Dugdale
et al., 2002a), enhancing opal dissolution could improve the model H4SiO4 concentration in
this area.
Compared to field studies, the model total production rates are more at the lower end of
the scale (down to 50 % smaller), but new production rates can be higher by a factor up
to 4. Since the model is forced with monthly mean data on a resolution of 0.5◦ by 2◦ on
the equator it can not reproduce episodic, meso-scale events very well. Therefore, primary
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production peaks might be lower than expected from the real measurements. Moreover,
the ammonia concentrations in the model (not shown here) are also low compared to
the small number of observations (Jiang et al., 2002). Higher ammonia values might
lead to both, lower new production and higher primary productivity. Though overall
model results are reasonable, future model versions will surely benefit from the incor-
poration of iron and calcite components and a better representation of the ammonium cycle.
After the detailed description of the silica cycle in the equatorial Pacific during the course of
two ENSO events, chapter three now presents a model for the global silicon cycle including
silicon isotopes. The results of the following modeling study depict a better approach to
the question of diatom productivity at the last glacial maximum.
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Chapter 3
Silicon Isotopes as a Proxy for Silicic
Acid Concentration and Utilization
As it has already been mentioned, diatoms play an important role in the fixation and surface
export of organic matter and since silicon is essential for most of these phytoplankton, there
is a steadily growing interest in the marine silicon cycle. To better understand past ocean
productivity a large group of scientists all over the world addresses the question of ”opal as
a paleo productivity tracer (opaleo)” (Ragueneau et al., 2000). A key to this question is the
silicic acid concentration and its biological drawdown in the ancient surface ocean. Ge/Si
ratios in diatom shells have been used as a proxy for silicic acid utilization (Froelich et al.,
1989), but, unfortunately, uncertainties about the Ge turnover time prevent a precise use of
this ratio. Below it will be shown, that the use of silicon isotopes of diatom shells can not
only give information about the silicic acid utilization (De La Rocha et al., 1998) but also
on the surface silicic acid concentration.
3.1 Silicon Isotopes
The three stable isotopes of silicon are 28Si, 29Si, und 30Si. Almost all of the silicon consists
of these three isotopes (92.22% 28Si, 4.68% 29Si, and 3.08% 30Si; Rosman and Taylor,
1998). For a short physical background and to comply to the standards, a number of
definitions on the use of silicon isotopes will now be introduced. The different chemical
and physical behavior of isotopic compounds are due to mass differences of the atomic
nuclei. In general, at the same temperature T heavier molecules or elements have a
lower mobility than lighter ones, which leads to reduced reaction rates for the heavier
compounds. This is a consequence of the fact, that the kinetic energy of a molecule is
given by the temperature: kT = 1
2
mv2. The same kinetic energy and different masses lead
to different diffusion velocities and a smaller collision frequency. Also heavier molecules
have higher binding energies, which, again, leads to less reactivity. But since chemical
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properties of an element are mainly controlled by its electron shell, the differences in the
chemical behaviors of isotopes are still small compared to the differences between the
elements. Also, the differences between silicon isotopes are less than between, for instance,
carbon isotopes, because the relative mass differences are bigger for carbon. Whereas the
fractionation effects for carbon isotopes range somewhere between 0 and 40 (Zeebe
and Wolf-Gladrow, 2001), the fractionation, that has been found for silicon isotopes, is on
the order of a few  (De La Rocha, 1997, also see below).
Isotope ratios for silicon are defined by the abundance of the rare isotope divided by the
abundance of the most abundant isotope:
29R =
29Si
28Si
and 30R =
30Si
28Si
(3.1)
The fractionation factor α is defined by
29α =
29RA
29RB
and 30α =
30RA
30RB
, (3.2)
where 29RA and
30RA and
29RB and
30RB are the isotope ratios of educt A and product B
of a process (here: the biological fixation of silicic acid in a diatom shell). Since α is close to
1, the fractionation , i.e. the deviation of α from 1 in parts per thousand () is commonly
used:
 = (α− 1) · 1000 () (3.3)
For instance, for the process of silicic acid fixation by diatoms  is 1.1, for silicic acid
fixation by sponges  is about 3 (De La Rocha, 2002b). Note that the isotopic compo-
sition of compounds is described by a ratio and not by absolute numbers. One reason for
this is the too low sensitivity of mass spectrometers to measure reliably absolute ratios of
substances. Another reason is the necessity to internationally compare measurements. The
latter requires a standard to which the samples have to be related. In the case for silicon
the standards are 29RNBS and
30RNBS:
29RNBS =
29Si
28Si
=
4.6853%
92.22223%
(3.4)
30RNBS =
30Si
28Si
=
3.0924%
92.22223%
, (3.5)
where NBS stands for the United States National Bureau of Standards (Coplen et al., 2002).
Again, since the differences in isotope ratios are generally very small and the ratios R are
close to unity, the isotopic signal of a sample A relative to a standard is reported as the
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deviation δ from one (”1”) in parts per thousand ().
δ29Si =
(
29Rsample
29RNBS
− 1
)
· 1000 (3.6)
δ30Si =
(
30Rsample
30RNBS
− 1
)
· 1000 (3.7)
δ (in ) describes the accumulated signal or the overall composition of a sample, whereas
the fractionation process is described by α or  (Fig. 3.1).
Generally, two kinds of fractionation processes exist. Whereas kinetic fractionation
results from irreversible physical or chemical processes, for example the condensation
of water vapor in clouds, the equilibrium fractionation describes the thermodynamic
partitioning of isotopes in an equilibrium, e.g.
H4
30SiO4 + H3
28SiO−4 ⇀↽ H4
28SiO4 + H3
30SiO−4 (3.8)
Similar to carbonic acid (e.g. Zeebe and Wolf-Gladrow, 2001) there is no direct
exchange of silicon isotopes between the two compartments for 30Si and 28Si in (3.8)
The reservoirs (H4
30SiO4,H3
30SiO−4 and H4
28SiO4,H3
28SiO−4 ) are only indirectly
coupled by the OH− and H+ ions of water.
Both fractionation effects, the kinetic and the equilibrium one can be calculated if
sufficient data is available on binding energies of the atoms and molecules under
consideration. Then, the quantum mechanical partition functions describing the
occupation of the energy levels of the considered molecules can be calculated (Urey,
1947, for the equilibrium fractionation and Bigeleisen, 1952, for kinetic fractiona-
tion). Practically, this requires more precise and a larger amount of data than is
available. Zeebe and Wolf-Gladrow (2001) presented a number of calculations for
carbon isotope fractionation, that were compared with measurements. Next to other
results, they as well indicate the need for more precise measurements. Comparing
the amount of data available for carbon and silicon isotopes, carbon isotopes seem
to be well known. Though a lot of research is carried out for silicon, especially in
the frame of solid state physics, there are only few publications about terrestrial
silicon isotopes. One way to better understand the isotope composition would be
to measure an isotope shift as a function of pH according to Eq. (3.8). Since the
charged and uncharged species have different binding energies, their isotopic com-
position might be different. Measurements of the isotopic composition of H3SiO
−
4
only will help to understand the fractionation of silicon isotopes.
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If elements such as silicon have more than two stable isotopes and the fractionation is
mass dependent, the fractionation between one pair of isotopes can be approximated by the
fractionation factor of the other pair of isotopes (Criss, 1999):
29α = 30αz (3.9)
where z depends on the isotope masses as follows: (3.10)
z =
30
29
· 29− 28
30− 28 ≈ 0.517 (3.11)
A relation between the δ values (here δ29Si and δ30Si) for mass dependent fractionation is
given by the fractionation curve in a three-isotope plot of -in this case- δ29Si (ordinate)
against δ30Si (abscissa) (Young et al., 2002):
δ29Si = (103 + δ29SiNBS)
(
103 + δ30Si
103 + δ30SiNBS
)z
− 103 (3.12)
For δ30Si > 1 and δ30Si < −1, this formula is close to the
δ29Si =
δ30Si
1.93
(3.13)
found from experimental data by De La Rocha (2002).
Example: In the Pacific subtropical gyres silica has average δ values of δ30Si=6.4
and δ29Si=3.3. With Eqs. (3.6,3.7,3.9, and 3.12) The corresponding δ30Si and δ29Si
of opal built with a fractionation  = 1.1 out of this water is then given by
δ29Siopal =
(
29R 30αz
29RNBS
− 1
)
· 1000 = 2.74
δ30Siopal =
(
30R 30α
30RNBS
− 1
)
· 1000 = 5.3
3.1.1 Fractionation of δ30Si by Diatoms
In a number of laboratory experiments De La Rocha et al. (1997) examined the possible
fractionation of silicon isotopes in diatom shells. Three different species of common labo-
ratory diatoms showed a preference of the lighter isotope 28Si over 30Si with a practically
identical fractionation (Table 3.1). This resulted in a fractionation factor α30 of 0.9989.
30α =
ROpal
RDSi
= 0.9989, (3.14)
where ROpal and RDSi are the mole ratios of
30Si to 28Si in opal and silicic acid. Opaline
shells were about 1.1 isotopically lighter (i.e. depleted in 30Si with an  = −1.1), than the
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Diatom α
Skeletonema costatum 0.9990 ±0.0004
Thalassiosira weissflogii 0.9987±0.0004
Thalassiosira sp. 0.9989 ±0.0004
Table 3.1: Silicon isotope fractionation dur-
ing biogenic silica formation for three diatom
species given by De La Rocha et al., (1997).
water they were built from. Neither did 30α seem to be temperature dependent in the range
from 12◦C to 22◦C, nor was it dependent on the growth rate. The measured fractionation
factor was identical to the one found in a species of Phaeodactylum tricornutum about 20
years ago (Spadaro, 1983). Under the assumption that the silicic acid taken up by diatoms
is supplied from a finite pool of Si, continuous uptake of silicic acid progressively changes
the isotope signal of both, the silicate pool and the biogenic opal (Fig. 3.1). This process
is called Rayleigh fractionation. If all silicon is taken up the isotopic composition of the
diatom shells, the accumulated δ30Si, on average has the isotopic composition of the ambient
water before uptake had started. Thus, the isotopic composition of diatom shells can give
information about the fraction of dissolved silicon dioxide (DSi) taken up and therefore also
on the diatom productivity. The Rayleigh fractionation theory can be applied to ocean
areas under certain conditions in which water parcels are separated from surrounding water
masses. Since the diatom shells, as they are buried in the ocean sediments, reflect the signal
of surface waters, the analysis of these shells can give information on the silicon utilization
at the time of shell formation, i.e. also the geological past. In general, the biogenic fixation
and fractionation of silicon can be described by
iR (n · H4SiO4) = ? = iα · iR (SinO2n−x(OH)2x) + (2n− x)H2O, (3.15)
with i =29, 30,
where the box displays the unknown fractionating process. Up to now, it is not yet known
whether fractionation occurs during uptake, intracellular transport or biomineralization.
De La Rocha et al. (1997) argued for a fractionation during uptake, i.e. not inside the cell,
but so far it was not possible to independently study the fractionation during the different
steps that lead to shell formation.
3.1.2 Measured Distribution of δ30Si
δ30Si in rivers
The average isotope compositions of silicic acid in world rivers have been measured to be
δ29SiH4SiO4,riv = 0.33, and δ30SiH4SiO4,riv = 0.80
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Figure 3.1: View graph of the Rayleigh
fractionation curves under the assump-
tion of a closed system.
River δ29Si δ30Si
Amazon (Obidos) 0.4 0.9
Amazon (integr.) 0.2 0.6
Congo (Brazzaville) 0.1 0.4
Congo (Zaire) 0.3 0.8
Niger 0.5 1.2
American 0.3 0.9
Sacramento 0.6 1.2
Rock Creek 0.2 0.5
Average 0.3 0.8
Table 3.2: Silicic acid isotope composi-
tion of rivers. Data from De La Rocha et
al. (2000) and De La Rocha (unpublished
data).
(Table 3.2). δ30Si values vary between different locations by up to 0.7 and within the
same river by up to 0.4. From Eqns. (3.6) and (3.7) and with the total riverine flux of Si
TSiriv =
28Siriv +
29Siriv +
30Siriv, (3.16)
the riverine fluxes of 28Siriv,
29Siriv and
30Siriv can readily be calculated to
29Siriv = 100033 · TSiriv ·
29SiNBS
100000 · 28SiNBS + 100080 · 30SiNBS + 100033 · 29SiNBS (3.17)
30Siriv = 100080 · TSiriv ·
30SiNBS
100000 · 28SiNBS + 100080 · 30SiNBS + 100033 · 29SiNBS (3.18)
Together with a TSiriv of 5.6 Tmol silica the influx of silicon isotopes is estimated to be
29Siriv=0.26 Tmol Si a
−1, and 30Siriv=0.17 Tmol Si a−1.
28Siriv=5.6 - 0.26 - 0.17 = 5.17 Tmol Si a
−1
Both, marine and riverine δ30Si are more positive than the values of rocks, which calls for
a ”fractionation during weathering and clay formation and/or biomineralization” (De La
Rocha et al, 2000).
The river δ30Si values do not fall exactly on the δ30Si = 1.93 · δ29Si line for mass dependent
fractionation, which is either because of a too low accuracy of the measurements or which
implies more complex processes responsible for the composition of the riverine Si isotopes.
Diagenesis of biogenic opal in the terrestrial reservoir could be a possible explanation, but
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at least in the marine sediments diagenesis has not been found to alter the δ30Siopal in
the marine sediment. Weathering of rocks seems to be more likely since most of the river
transported silicon originates from silicate rock weathering directly (Conley, 1997). Looking
at the composition of igneous rocks this is slightly supported. Igneous rocks have an average
δ30Si of -0.3 and clay that is formed from low-temperature weathering was found to be
isotopically lighter (δ30Si = -0.5, Douthitt, 1982), suggesting enrichment of 30Si in ground
waters. Finally, De La Rocha et al. (2000) also showed a variation of δ30Si as a function
of silicic acid concentration in rivers, which calls for δ30Si being a function of weathering
intensity and/or time of the season.
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Figure 3.2: Vertical δ30SiDSi profiles in the
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Atlantic
δ30Si in the seawater
From 69 marine samples of δ30SiDSi the oceanic average δ
30Si is +1.1 ± 0.3 with a range
from +0.6 to +1.7 (De La Rocha et al., 2000). Most of these data were measured
at depth below 200 m since in surface waters with [H4SiO4] less than 10 µmol l
−1 it is
very difficult to measure δ30Si. Surface waters were estimated to have a δ30Si up to +3.
Below, it will be shown, that this is a very low estimate. Generally, surface water or waters
at shallow depths seem to be most positive (De La Rocha, 2000). Vertical gradients of δ30Si
suggested δ30Si minimum values below 1000 m. Values of the deep Pacific seem to be 0.4
lighter than values of the corresponding depth in the Atlantic. Given the difficulty of the
measurements and the maximum precision of 0.1 it is difficult to interpret the vertical
gradients in the ocean interior (Fig 3.2).
δ30Si in the sediments
Three sediment cores south of the current Southern Ocean Polar Front show a glacial-
interglacial variation in the silicon isotope composition of diatom shells (De La Rocha et al.,
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Figure 3.3: Annual mean of surface velocities.
1998). At the LGM the isotope composition of the shells was about 0.7 lighter than today.
This was explained by a 50% reduction of silicic acid utilization at the LGM compared to
today (Fig. 3.1). Recently, results from a δ30Si record over the last 300 ka also suggested
less silicon utilization during the last three glacial periods (Brzezinski et al., 2002).
3.2 A Model for the Global Ocean Silicon Cycle
3.2.1 HAMOCC4 Model Setup
The HAMOCC4 is driven by monthly fields of advection, convection, temperature and
salinity from the Hamburg Large Scale Geostrophic ocean circulation model (LSG, Maier-
Reimer et al., 1993). The LSG itself is forced by temperature data from COADS (Woodruff
et al., 1987) and wind fields of Hellermann and Rosenstein (1983). Salinity is restored to
Levitus data (1982). Sea ice coverage is taken from the dynamical sea ice model of LSG. The
underlying grid is a 3.5◦ by 3.5◦ Arakawa E-grid (Arakawa and Lamb, 1977) with 15 vertical
layers down to the realistic (but smoothed) bottom topography. Tracers are advected with
the help of an upstream scheme. For this study we focussed on silicon, other tracers are
only mentioned if they are directly related to the Si cycle.
Monthly velocity fields (annual mean: Fig. 3.3) are interpolated to ten three–day–time–
slices to allow for a sufficiently short integration time of the biological module. Each bio-
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Definition Value
Grazer assimilation efficiency: zinges 0.5
Maximum grazing rate: ω 0.8 d−1
Phosphate half saturation conc.: PO3−4 0 0.04 µmol P l
−1
Grazing half saturation conc.: Grazer0 4 µmol C l
−1
Grazer mortality: γGra 0.06 d
−1
Phyto. mortality: γPhy 0.008 d
−1
Minimum Grazer conc.: Grazermin 0.001 µmol C l
−1
Minimum Phyto. conc.: Phytomin 0.001 µmol C l
−1
Photosynthetically active radiation: PAR 0.4
Initial slope of the P-I curve: α 0.03 d−1m2W−1
Table 3.3: Parameters used by HAMOCC4
logically active element fulfills the tracer equation:
∂Ci
∂t
= −U∇Ci −DCi + Θi(Ci) +
∑
j
Fij(Ci, Cj) (3.19)
where C denotes tracers, U is the advection velocity, D is the diffusion operator, Θ represents
tracer specific source and sink terms (e.g. riverine input of silicon isotopes) and Fij is the
nonlinear (biologically mediated) interaction between the different tracers.
The biomass limiting nutrient is phosphate (PO3−4 ), which is consumed by phytoplankton.
Phytoplankton uptake of PO3−4 is described by
∂PO3−4
∂t
= µ · Phyto · PO
3−
4
PO3−4 + PO
3−
4 0
, (3.20)
with the growth rate µ depending on temperature T (◦C) and light L (W m−2) (see below
and Table 3.3 for model parameters). Sources of PO3−4 in the water column include bacterial
remineralization of dissolved organic and particulate organic material, and remineralization
of inefficiently grazed and left over phytoplankton.
The equation for phytoplankton reads
∂Phyto
∂t
= Phyto · µ · PO
3−
4
PO3−4 + PO
3−
4 0
(3.21)
−ω ·Grazer · Phyto− Phytomin
Phyto + Grazer0
−(Phyto− Phytomin) · γPhy
The growth rate µ depends on temperature and light:
µ =
f(T ) · g(L)√
f(T )2 + g(L)2
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with f(T ) = 0.8528T (after Eppley, 1972) and g(L) = I0αPAR
1
z
∫
e−kzdz.
Change of grazers is described by
∂Grazer
∂t
= Grazer · ω · zinges · Phyto− Phytomin
Phyto + Grazer0
− γGra(Grazer−Grazermin) (3.22)
The differentiation between buildup of biogenic opal or calcite is carried out similar to
Maier-Reimer (1993). If there is enough silicon available opal is produced, otherwise calcite
is formed by as it would be by coccolithophorids which frequently bloom when diatoms
cannot. The mathematical formulation for these processes are the following:
Opal = min
(
60 ·∆PO3−4 ,
H4SiO4 ·∆PO3−4
PO3−4 + ∆PO
3−
4
)
(3.23)
Calcite = 0.5 ·
(
0.5 ·∆PO3−4 − Opal122
)
∆PO3−4
with ∆PO3−4 = max
(
µ · Phyto PO
3−
4
PO3−4 + PO
3−
4 0
∆t, 0
)
This formulation ensures that the rain ratio ’Calcite:OrganicC ’ ranges from 0.05 to a max-
imum of 0.25. Global average of the rain ratio of particle export, i.e. particles that leave
the top 100 m, is 0.2. Particulate matter that sinks out of the euphotic zone is transported
to depth with a sinking speed of 5 m d−1. Opal dissolves with a temperature dependent
dissolution rate of l(month−1)= 0.01((month−1◦C−1)) · (T (◦C)+2). Temperature dependent
dissolution for opal has been described by e.g. Kamatami and Riley (1979) and Tre´guer et
al. (1989). The factor 0.01 is chosen to fit the vertical silicic acid concentration gradient. A
slightly modified version of the sophisticated sediment model by Heinze et al. (1999), now
with an implicit iteration scheme is used to describe accumulation, dissolution and burial
of particulate matter. Riverine input balances the matter that leaves the lowest sediment
layer. The silicic acid saturation concentration in the pore water of the sediment is set to a
global average of 820 µmol Si l−1 which is slightly below the maximum value of 900 µmol
Si l−1 measured in sediment porewaters (Ragueneau al., 2000). The opal dissolution rate is
a globally constant value used to achieve mass balance between Si inputs and Si output.
3.2.2 Spinup
The model that was used for this study already had a compartment for total Si. To allow
calculation of δ29Si and δ30Si, tracers for silicon 29 and silicon 30 were added. Due to the
small fractionation of silicon isotopes by diatoms and in order to precisely calculate δ29Si
and δ30Si the number of iterations of the implicit temporal tracer integration had to be
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Figure 3.4: Surface silicic acid concentrations (µmol l−1) as
given by the World Ocean Atlas 1998 (Conkright et al., 1998).
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Figure 3.5: Modeled silicic acid concentrations (µmol l−1) in
the top 100 m.
increased compared to other HAMOCC4 runs. This increased the computation time by a
factor of two (100 model years  104 CPU seconds on a NEC SX6 computer).
Starting with a distribution of tracers given by HAMOCC3.1 (Six and Maier-Reimer, 1996)
the model was run for 23000 model years into a new close to equilibrium state (atmospheric
CO2 of 280 ppmV). The turnover time for silicon in the ocean is about 16000 years (Tre´guer
et al., 1995). The silicon isotope composition of the water was initialized with the modern
river silicon isotope composition. River runoff is equally distributed around the continental
margins. This simplification of the real situation is assumed to have a comparatively small
effect on the model results, because the turnover time of silicon in the ocean is about an
order of magnitude faster than the mixing time of the ocean.
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Figure 3.6: Silicic acid (µmol l−1), model minus World Ocean
Atlas (1998) data. White spaces are land points of either the
model or the field data.
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Figure 3.7: Global average of δ30Si of the silicic acid in
sea water, calculated and interpolated. The vertical line
depicts the end of the spinup after the integration of
23000 model years.
Bringing the ocean and the sediment into equilibrium takes longer since the sediment pro-
cesses (accumulation of opal with a changing isotope signal throughout the 12 sediment
layers) are slower than the water column processes. Therefore, there still is a drift in the
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global average of δ30Si (Fig. 3.7). A fit of the form
δ30Si = a(1)− a(2)
eyears/a(3)
gives an asymptotic value of 1.36  for time t →∞.
Differences of measured and modeled surface silicic acid concentrations are small in low and
mid-latitude areas as well as in the North Atlantic. Two High Nutrient Low Chlorophyll
areas show larger discrepancies between model data and observations. The North Pacific
as well as the Southern Ocean has been found to be iron limited (Martin and Fitzwater,
1988; Boyd et al., 2000). HAMOCC4 uses its dust field only to increase accumulation of
particles, i.e. in a biologically inactive way without an influence on the phytoplankton
growth rates. Hence the biological production in the Southern Ocean and in the North
Pacific draws too much nutrients out of the surface and surface nutrient concentrations are
too low. Another model version uses a phytoplankton growth rate, that is also affected
by the iron concentration (Aumont et al., 2002). The far eastern equatorial Pacific seems
to have higher than measured silicic acid concentrations. On the one side, this might be
due to the coarse resolution grid and a relatively high vertical diffusivity, on the other
side the routines used for the interpolation of the observed silicic acid distribution tend
to flatten out meridional structures. Thus, the high silicic acid tongue along the equator
might be underrepresented in the observational data (Maier-Reimer, pers. comm.). Further
differences in the very high northern latitudes including the Hudson Bay are in areas that
are often covered by ice. Model processes below northern ice covers are not well known
and hence their model representation (e.g. no phytoplankton growth below ice) might not
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Figure 3.8: Annul mean opal production (mol Si m−2 yr−1).
In the southern ocean the edge of the winter ice cover can be
seen.
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represent reality. Hence this areas are neglected in further examination. These regions do
not significantly affect the rest of the oceans.
The pattern of annual opal production in the model in the surface layer agrees well with
observations; the model shows highs in areas that are known for high diatom productivity
(Fig. 3.8). Maximum values are found in the upwelling areas of the equatorial Pacific, in
the Southern Ocean, the northwest Pacific and the northwest Atlantic.
Opal that leaves the model euphotic zone and crosses the 100 m depth isoline, contributes
to the opal export production. The model annual average is 177 Tmol Si a−1, which lies
perfectly in the range of 240 Tmol Si a−1for the surface layer production and 120 Tmol Si
a−1that cross the 200 m depth isoline (Tre´guer et al., 1995). 30% of the exported biogenic
material is deposited on the sediment surface where most of it faces dissolution. About
3% of the deposited material is buried in the sediment and, thus, closes the model silicon
balance. Since dissolution of opal shells does not seem to alter their isotope composition (De
La Rocha et al., 1998), the same dissolution rate was applied to all silicon isotopes in the
water column. Also, diagenesis did not affect δ30Si, therefore the silicon compartments in
the sediment are treated the same way. The sediment module has been described elsewhere
(Heinze et al., 1999).
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Figure 3.9: δ30Si () of silicic acid in the top 100 m.
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3.3 Modeling the Distribution of δ30Si
3.3.1 δ30Si in the Surface Ocean
Comparing the annually averaged surface patterns of δ30SiDSi with the silicic acid distribu-
tion, these two variables seem to be a inversely related (Fig. 3.5 and 3.9). Due to Rayleigh
distillation, low silicic acid concentrations correspond to high δ30SiDSi values and vice
versa. A zero–order explanation for this is as follows: deep mixing in the high latitudes
and equatorial upwelling provides high silicic acid concentrations to the euphotic layer.
Making a zonal average the ultimate sinks of silicic acid would be the subtropical gyres.
Opal production draws down silicic acid during its travel to these endpoints. Hence the
subtropical gyres show lowest Si concentrations and highest δ30Si. However, plotting the
two variables against each other (Fig. 3.10) results in a more complicated pattern. Drawing
a line through the upper limits of the points (Fig. 3.10a) results in a curve similar to the
Rayleigh fractionation curve (Fig. 3.1) whereas the lower limit is set by the deep ocean
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Figure 3.10: δ30Si as a function of H4SiO4 concentration, both in the mixed
layer. a) Global ocean, b) Pacific, c) Atlantic, d) Indian.
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Figure 3.11: δ30Si as a function of H4SiO4
concentration in the equatorial Pacific.
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Figure 3.12: δ30Si as a function of H4SiO4
concentration in the Southern Ocean.
average. Plots for the different oceans give similar results (Pacific, Atlantic and Indian
Ocean in Fig. 3.10 b-d). All the data between the two wrapping lines are explained by
mixing of different water masses and Rayleigh processes in an open system, e.g. Rayleigh
processes for one source and one sink (e.g. Mook, 1994). Depending on the isotope ratios
of the input and output fluxes, the remaining isotope ratio can be in the whole range of
possible values between the observed maximum and minimum values of Fig. 3.10a.
On a more regional scale the surface ocean can show a more closed system Rayleigh
behavior. In the equatorial Pacific, water upwells into the euphotic layer where silicifying
phytoplankton draws down silicic acid (and other nutrients). Consequently, δ30Si rises
(Fig. 3.11). With the westward transport of water in the South Equatorial Current, opal
production further reduces [H4SiO4] and the δ
30SiDSi gets steadily heavier. The Southern
Ocean (Fig. 3.12) shows a similar relationship but with more scatter. Values of δ30Si above
2 reflect ranges of silicic acid of about 10 µmol l−1. This supports the line of arguments
drawn by De La Rocha et al. (1998) who assumed a closed system type behavior for
the silicic acid south of the Antarctic polar front. Under this assumption they could use
the Rayleigh fractionation curve to get a handle on the relative utilization of silicic acid.
With the model δ30SiDSi of the upwelled water, it is now possible to redraw the Rayleigh
distillation curve including the sediment signals found by De La Rocha et al. (1998). This
will be done below in the section on the signal of δ30Siopal in the sediment. The data in
the lower left corners of Figures 3.11 and 3.12 are values close to the continental margins
and thus influenced by river runoff.
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Figure 3.13: δ30Si of opal in the ocean surface layer.
Unfortunately, there is only very little published δ30SiDSi data of the silicic acid in the
surface ocean available (De La Rocha et al., 2000). Therefore we cannot compare the
model results with measurement. But it is known that at least in the Southern Ocean
δ30SiDSi increases as silicic acid concentrations drop moving northwards across the Polar
Front (Varela, et al., 2002).
Whereas the δ30SiDSi distribution can basically be understood from the simple explanation
given above, the picture of δ30Siopal in the surface layer is more complicated (Fig. 3.13).
High values of δ30Siopal are also found in the vicinity of the subtropical gyres, but the
location of the maximum is shifted towards the equator. Interestingly, additional relative
minima can be found at moderate latitudes in an area where one would expect high values,
i.e. the simple picture drawn above has to be modified. Simply because the Pacific is much
larger than the Atlantic, the broad maxima of δ30Si in the dissolved silica can still be seen
in the Pacific δ30Siopal distribution. In the less wide Atlantic patterns are more disturbed.
The accumulation of opal in the surface layer and the rate of production are the keys to
understand the δ30Siopal signal. The δ
30Si pattern is zonally rather uniform but shows
strong meridional gradients, therefore, zonal averages of δ30Si of dissolved silica and opal
simplify the complicated structures and are plotted as a function of time (Fig. 3.14). This
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is valid, because the δ30Si pattern is zonally rather uniform but shows strong meridional
gradients (due to the preferential direction of ocean currents).
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Figure 3.14: Seasonal cycle of zonal averages of silicic acid δ30Si (left
panel) and opal δ30Si (right panel).
The relative minima in the opal δ30Si are located at about 30◦N and 30◦S. Lowest
production rates are found in the area of the opal δ30Si minima between 10◦S – 40◦S
and 10◦N – 40◦N (compare Figs. 3.21 and 3.22). These are the areas with lowest silicic
acid concentrations. For the line of arguments we now focus on the southern hemisphere
at 40◦S and 50◦S, but the same reasoning holds true for the northern hemisphere as
well. After the winter, diatoms start to grow at 40 and 50 ◦S in water masses that
have very different silicic acid concentrations but less different isotope compositions (Fig.
3.15). As production draws down silicic acid, δ30Si increases in both the dissolved and
the opal phase. Since a part of the diatom biomass remains in the surface water, its
opal signal is mixed with that of the following month (Fig. 3.16). Further south there
is still enough silicon to supply production, but at 40◦S most of the silicon is already
taken out and production strongly decreases. Thus, comparatively little of the very high
δ30SiDSi signal is transfered into the opal and then mixed with the opal signal of the
previous month. At 50◦S production continues and much more opal with a less heavy
signal (compared to the north) is built. Production is so high, that the overall δ30Siopal
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Figure 3.15: Zonal averages of H4SiO4, δ
30SiDSi, and δ
30Siopal at
30◦S (a,c,e) and 50 ◦S (b,d,f).
is heavier than 10◦ further north. Further towards the equator the amplitude of the
seasonal signal gets smaller which leads to a more continuous drawdown and less variation
in the δ30SiDSi and δ
30Siopal. South of 50
◦S the silicic acid concentration is too large
to be stronger depleted than at 50◦S. Here, δ30SiDSi and δ
30Siopal remain comparatively low.
Currently, measurements of silicon isotopes of diatom shells need on the order of 105-106
single shells. Thus, the measured signal is an average value of all shells. This fits to
the current representation of the buildup and export of opal in the model, where monthly
averages (in a 3.5◦ x 3.5◦ box) are used. If it would be possible to measure the isotope signal
in a single shell, the representation of the accumulation and transport of opal in the model
would have to be refined. Then one had to differentiate between opal built at relatively low
δ30SiDSi at the beginning of the month and opal built at relatively high δ
30SiDSi at the end
of a month.
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3.3.2 δ30Si in the Water Column
The opal isotope signal is transported into the ocean interior, where 97% of the exported
opal shells dissolve. Deep ocean currents are slow relative to surface currents and so the
transport of biogenic opal is mainly vertical (Fig. 3.18 and 3.19). However, in areas with
stronger deep ocean currents, vertically transported opal is mixed with the opal of nearby
areas (e.g. at 60◦S in the Atlantic ocean or at about 50◦S in the Pacific ocean). In this
version of HAMOCC4, the speed at which opal sinks towards the sediment is 5 m d−1.
This is value is globally applied and underestimates the sinking speed of opal aggregates
formed during blooms. As model opal sinks rather slowly, stronger ocean advection is able
to slightly advect the opal isotope signal in the deep ocean. Compared to the amount of
silicic acid entering the deep ocean by the vertical pathway the amount of deep ocean Si
is very high. And because deep ocean model layers have a thickness of up to 1500 m,
vertical gradients in the silicon isotope ratio of the deep ocean are generally small (Fig. 3.17).
Vertical gradients in the top 400 m are more pronounced. Two reasons exist for this. First,
high surface δ30Si of opal influences the upper ocean by temperature dependent dissolution
Figure 3.16: View graph of the temporal development of the δ30SiDSi and
δ30Siopalin the model. At the beginning of a productivity event, silicic acid
and the opal built from it are low in 30Si (opal is lighter than the silica by
1.1, which is not indicated in this simple scheme). After the production,
the remaining silicic acid has a higher δ30Si than the opal that is vertically
distributed. At the next step in time, production is lower and only little opal
with a high δ30Si is built. This new opal mixes with the remaining opal of the
month before, which leads to an intermediate signal. Finally, the opal with
the intermediate signal is also vertically distributed (not shown any more).
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Figure 3.17: δ30Si of silicic acid along the equator. Con-
tour lines in the deep ocean are every 0.05.
of opal and second, high vertical diffusivity enhances vertical mixing of water masses and
thus blurs the sharp gradient between the surface layer and the underlying into the layers
below the euphotic zone. Slightly higher δ30Si of the dissolved phase in the upper ocean
have also been found in field data at different locations (De La Rocha et al., 2000). Except
for one profile with strong gradients, which were not found at the same location later in the
year, the deep ocean results of the model and the field measurements seem to back up. The
maximum difference of 0.3 is between 500 m and 1000 m below the equatorial upwelling
area. Further data for a better constraint on the deep ocean signal are needed. Plans for the
incorporation of δ30SiDSi measurements into the next generation of GEOSECS are under
discussion.
3.3.3 δ30Si in the Sediment
Dissolution seems to not alter the silicon isotope ratio of opal. Therefore, the pattern of
δ30Siopal in the sediment should mirror the surface opal isotope ratios if export of opal
shells out of the surface was only vertical. Due to the slow sinking speed of opal, gradients
of sediment δ30Siopal are less sharp and maximum values are slightly lower than in the
surface layer (Figs. 3.20 and 3.13 and Figs. 3.21 and 3.22).
The δ30Siopal surface pattern in the Atlantic ocean is much more diverse than the one of
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the Pacific. Areas with the strongest isotope signal in the sediment are areas with the
lowest opal percentage. Predicted isotope ratios for the sediment with important variables
of the surface water are shown for two sections, one in the Atlantic (35◦W) and one in the
Pacific (150◦W, Figs. 3.21 and 3.22). As was mentioned before, the δ30Siopal results from a
combination of production and [H4SiO4] patterns. The final signal in the sediment is that
of the exported opal, slightly altered by deep ocean advection. δ30Siopal in the Atlantic
section spans a range of about 1, in the Pacific of about 1.5. Therefore δ30Siopal
measurements in the Atlantic open ocean sediments are assumed to show a broad scatter
that cannot be easily related to surface processes.
Only three sediment cores of the Atlantic and Indian ocean with δ30Siopal data exist. Mea-
surements of coretop δ30Siopal were higher by 0.1-0.4 than at the corresponding model
sites (Table 3.4).
3.4 Predictions from Silicon Isotope Modeling
3.4.1 Silicic acid utilization in the Southern Ocean
The difference in silicic acid utilization between the LGM and today was estimated to be
about 50% (De La Rocha et al., 1998). This is the result of fitting the measured sediment
data to the Rayleigh fractionation curve for the accumulated biogenic opal. Implicitly
included in this is an assumption on the δ30SiDSi input to the system, which in this case
was 1.6 (Fig. 3.1). Changing the isotope signal of the input results in changes of the
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Figure 3.18: Vertical section δ30Si of opal at
35◦W
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Figure 3.19: Vertical section δ30Si of opal at
150◦W
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relative utilization (Fig. 3.23). These changes can be quite large given the slope of the
curve for the accumulated matter in Fig. 3.1. If the input Si was upwelled from the deep
ocean and thus carries the overall isotopic signature of the ocean interior (δ30SiDSi = 1.36),
the estimated change in silicic acid usage would be below 30%. However, this is not the
input signal of the model at the core locations.
In the Indian and Atlantic Ocean at the three locations of the sediment cores used by De
La Rocha et al. (1998) the modeled δ30SiDSi varies significantly over the course of the
year. The total annual range for the three locations is 1.4 to 2.3, thus spanning a large
range of possible changes of the silicic acid utilization. The actual input at the time of
highest productivity at the beginning of southern hemisphere summer will be at the lower
end of the scale. Interestingly again, taking the annual mean of δ30SiDSi as a first order
approximation to the input at the core locations results in a silicic acid concentration
close to the given 50%, which gives support to the conclusions drawn. Since highest silicic
acid drawdown takes place before δ30SiDSi reaches maximum values, the input would be
closer to the assumptions of De La Rocha et al. (1998). Even a maximum correction
of 0.18 due to the still changing deep ocean mean would not change this result (see below).
Sediment data (model δ30Siopal) are lower than the coretop measurements (Table 3.4),
possibly due to the limitations of the opal export scheme. With a less mixed surface signal
also those data would fit better. All together, model data combined with field measurements
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Figure 3.20: δ30Siopal at the sediment surface.
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Figure 3.21: Section at 35◦W. Variables of
the top 100 m, a) silicic acid in µmol l−1,
b) opal production in mol Si m−2year−1, c)
δ30Si of silicic acid, d) δ30Si of opal. e) δ30Si
of opal in the sediment.
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Figure 3.22: Section at 150◦W. Variables of
the top 100 m, a) silicic acid in µmol l−1,
b) opal production in mol Si m−2year−1, c)
δ30Si of silicic acid, d) δ30Si of opal. e) δ30Si
of opal in the sediment.
give confidence in the use of silicon isotopes as an indicator of silicic acid utilization. If
overall opal production in the Southern Ocean at the LGM was reduced, the annual average
of δ30SiDSi might have been lower. A lower δ
30Siopal in the sediment would then mirror
higher utilization. Such a change would reduce the estimated utilization change and cannot
be ruled out from the model results.
3.4.2 Surface Ocean Silicic Acid Concentrations in the Equatorial
Pacific
One of the biggest advantages of the silicon isotope proxy seems to be its insensitivity to
dissolution (De La Rocha et al., 1998). Dissolving large parts of opal shells did not alter
their δ30Si within the accuracy of the measurements. In areas with very small percentages
of silicic acid or at locations (downcore) with old shells the isotope signal might be an
74
3.4 Predictions from Silicon Isotope Modeling
1.4 1.5 1.6 1.7 1.8 1.9 2 2.1 2.2 2.3
30
35
40
45
50
55
60
65
70
δ30SiDSi input (
o/oo)]
Ut
iliz
at
io
n 
ch
an
ge
 H
ol
oc
.−
LG
M
 (%
)
Annual mean
Annual range
Possible changes in Si utilization
Figure 3.23: Changes in relative silicic acid utilization as a
function of input δ30SiDSi. Also given are the annual range
and the annual mean of the model δ30SiDSiat the three core
locations (compare table 3.4).
unchanged signal.
At least in the Southern Ocean and in the Equatorial Pacific there is a relationship
between the δ30SiDSi and the silicic acid concentration in the surface (Figs. 3.24 and
3.25). The question now is, if this relationship can also be found for the sediment δ30Siopal
and the surface silicic acid concentration. South of 50◦S there is no useful relation of
the two parameters (Fig. 3.24). Even high δ30Si values correspond to a range of about
20 µmol Si l−1 in the silicate. If at all, only between 50◦S – 60◦S a relationship might
be found. Improving the opal export scheme would probably lead to sharper gradients
in the sediment and then to a better representation of the signal. These results are not
contradictory to the conclusions drawn by De La Rocha et al. (1998) since they did not re-
Location Field Model
Sediment Surface average Surface range
Atlantic 1.2 1.1 1.2 0.7-1.8
Indian I 1.3 0.9 1.0 0.6-1.4
Indian II 1.4 1.1 1.2 0.5-1.5
Table 3.4: Comparison of measured (core top) and modeled
δ30Siopal for three locations, Atlantic Ocean (0
◦W, 52◦S), In-
dian Ocean I (53◦E, 54◦W), Indian Ocean II (104◦E, 55◦S).
75
3 Silicon Isotopes as a Proxy for Silicic Acid Concentration and Utilization
late the silicic acid concentrations with the sediment signal, but with the relative utilization.
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Figure 3.24: Model data of mean surface
silicic acid concentrations (µmol l−1) vs.
δ30Siopal in sediments south of 50
◦S. (stars:
50◦S – 60◦S; crosses: south of 60◦S)
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Figure 3.25: Model data of mean surface
silicic acid concentrations (µmol l−1) vs.
δ30Siopal in sediment along the equatorial
Pacific (2.5◦S – 2.5◦N). The data in the lower
left corner are values close to the continental
margins and thus influenced by river runoff.
Results for the equatorial Pacific display an almost perfect relationship between the δ30Siopal
and the silicic acid concentration of the surface water (Fig. 3.25). So far, there is not yet
any field data to check the model outcome. It would be of interest to compare the silicic
acid concentrations in the equatorial Pacific surface water with the coretop silicon isotope
signal along the equator. As long as the structure of the equatorial Pacific’s current system
has been similar in the past, the discovered relationship should to be valid, i.e. maybe on
glacial–interglacial timescales. Given that the downcore signal is dominated by diatoms,
that fractionate with an  of 1.1, silicon isotopes may give important information not
only on the relative DSi utilization but also on the absolute concentration. This is not yet
known from any other proxy.
3.5 Discussion
Modeling the global biogeochemical cycle is always constrained by the complexity of
the physical and biogeochemical processes that shall be represented and by the amount
of computational power that is available. For this study it was necessary to bring the
model into a state that could be called ”close-to-equilibrium”. About 2 · 104 models years
were necessary for this integration. Small and mesoscale processes can therefore not be
represented. Due to the chosen resolution, the distribution of silicic acid reflects the broad
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pattern very well, but misses accuracy in the small scale details. For instance, regional
upwelling along the Peruvian coast and winter convection around the Antarctic peninsula
are either under- or overrepresented in the model’s advection scheme. The question now is,
to what extend do the model drawbacks influence the results, i.e. the distribution of δ30Si
especially in the surface and the sediment of the Southern Ocean and the equatorial Pacific?
As it was shown in chapter two, the equatorial Pacific current system is very diverse with
its meridional overturning cells and the transport of nutrients in the area between 2.5◦S to
2.5◦N. In HAMOCC4 this area has the latitudinal range of about one grid box and therefore
does not show the small details in silicic acid concentrations found e.g. in the World Ocean
Atlas (1998). Still the LSG model is capable of reproducing the most important features
for the silicic acid supply to the system which are the Equatorial Undercurrent and also
about the correct size of upwelling (52 Sv in the area 170◦W–95◦W, 3.6◦S–5.2◦N compared
to 62±18 Sv from geostrophic calculations by Johnson and McPhaden, 2001). Bearing in
mind that the upwelling at the Peruvian coast might be underrepresented and that the
model resolution is 3.5◦x 3.5◦, the relation between δ30Siopal in the sediment and the silicic
acid surface concentration should be generally valid in the open ocean area but might be
not as smooth as shown by the model. In the eastern equatorial Pacific simulated surface
silicic acid concentrations are possibly higher than measured. Either model productivity in
this area is too low or vertical transport of nutrients is too pronounced despite the correct
size of upwelling. Generally, δ30Siopal increases with decreasing silicic acid concentrations.
The model may thus underestimate the amplitude of the signal in the eastern equatorial
Pacific sediment.
Moreover, the missing iron limitation of diatom growth may lead to different patterns of
opal and silicic acid. This is of interest in the North Pacific and the Southern Ocean. Since
the LSG dynamics seem to overestimate stratification or underestimate vertical nutrient
transport in the North Pacific (Aumont et al., 2002), we do not rely on the δ30Si signal
there. Differences in modeled and measured silicic acid concentrations are largest in the
Southern Ocean with its very high silicic acid concentrations. Since concentrations are still
high enough to keep the silicic acid depletion low, the error in the δ30Si signal might be
small.
Silicic acid limitation of diatom growth is reported for the area north of Southern Ocean
Polar Front (Boyd et al., 1999), which would lead to high δ30Siopal. This feature is not very
well simulated in the model, possibly because the large diatom blooms found at the Polar
Front cannot be represented locally. Hence, the strongest δ30Siopal signal is found further
north. This may be another reason to expect higher isotope compositions in the sediments
directly north of the Polar Front.
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Finally, there is still a drift of the deep ocean δ30SiDSi. In equilibrium the global deep
ocean average will be about 0.18 higher than it is after integrating 23000 model years.
This will lead to a maximum increase of the upwelled δ30SiDSi of 0.18 and will shift all
signals towards higher δ30Si. Given the range of the δ30Si signals found in the surface and
the sediment this will not make a big change to the conclusions drawn before but rather
shifts the calculated sediment values closer the measured ones.
Finally, the following chapter is a compilation of the results of this thesis. It also gives some
perspectives on future work.
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Chapter 4
Conclusions
In the first chapter of this thesis a unique diffusion-reaction model for the uptake of silicic
acid by a single diatom cell has been developed. For the first time, model results show
concentration gradients of different silicic acid species, [H4SiO4] and [H3SiO
−
4 ] and of [H
+]
and [OH−] in the diffusive boundary layer around the cell. The numerical solution of the
diffusion-reaction model can be approximated by straightforward analytical solutions of
simplified equations. For H4SiO4 uptake it is a good approximation to apply a diffusion
only solution whereas for H3SiO
−
4 uptake an approximated diffusion-reaction equation
is more appropiate. This difference can be understood in terms of the reacto-diffusive
length scales for H4SiO4 and H3SiO
−
4 in relation to the thickness of the DBL. From
calculations of the physical and chemical constraints of the silicic acid system around
an idealized diatom cell, uptake of H3SiO
−
4 only can be ruled out for T. weissflogii.
Moreover, it can be stated, that diffusion through the diffusive boundary layer is not a
limiting factor for this diatom, even at low Si concentrations. Applying the model to
more experimental data of other phytoplankton species will give further information on
the Si species taken up by diatoms. Additionally, the diffusion-reaction model for silicic
acid should be combined with the equation for the carbonate chemistry, since uptake of
carbon could change the pH in the close vicinity of a cell (Wolf-Gladrow and Riebesell, 1997).
In chapter two it has been shown, that silicic acid concentrations in the open ocean
upwelling zone of the equatorial Pacific are mainly controlled by upwelling whereas the
eastern equatorial Pacific euphotic zone is fed by a complex system of currents. Unlike
stated by other authors before, the system of currents in the open ocean upwelling zone
of the equatorial Pacific shows a cross-equatorial transport of water from the northern
hemisphere to the south. The Silicon cycle in the equatorial Pacific has the potential to
significantly enhance phytoplankton (i.e. diatom) growth during La Nin˜a phases by H4SiO4
transfer from the EUC into the ocean surface layer. This support the theory of silica as
a biomass limiting nutrient in this area. It will be very interesting to further study the
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EUC’s role in the silicon supply to the eastern equatorial Pacific. Smaller, non silicifying
phytoplankton only plays a minor role in export production during modeled high produc-
tivity events since diatoms carry out most of the new production. Still, phytoplankton
productivity is not high enough to keep CO2 from out-gassing during La Nin˜a. Instead CO2
is significantly reduced during El Nin˜o phases. Despite some simplifications the physical
and biological description of the 1988/1989 La Nin˜a event was used as an analogue to get
some understanding about the silicon sediment record in the eastern equatorial Pacific at
times of the last glacial maximum. Nevertheless, this approach is limited by the amount of
assumptions, that relate the nowaday’s surface processes with the LGM percentage of opal
in the underlying sediments.
A better approach to diatom productivity at the LGM is the use of silicon isotopes (chapter
three). For the first time, the overall distribution of silicon isotopes in the world ocean has
been calculated by integration of a biogeochemical ocean circulation model. It has been
shown, that the relationship between the silicic acid concentration in the water and its
silicon isotope composition (δ30SiDSi) is not a simple Rayleigh fractionation curve. Only
the Southern Ocean and the Equatorial Pacific show a clear functional dependency similar
to the Rayleigh fractionation curve. The model results can be used to predict opal silicon
isotope compositions in the sediment. The accumulated opal isotope signal is much more
variable than the signal of the dissolved phase. More importantly, the model results can be
used to further constrain the use of silicon isotopes as a proxy for silicic acid utilization.
The basic assumption, namely the δ30Si signal of the upwelled water, for the estimation of
a 50 % utilization change at the LGM (De La Rocha et al., 1998) is confirmed by model
results. Due to the nature of the Pacific current system it might be valid to even apply a
relationship between silicic acid concentrations in the surface and the silicon isotope signal
in the sediment. This should be further confirmed by silicon isotope measurements and the
incorporation of silicon isotopes in higher resolution models, e.g. the one used in chapter
two. Generally, more opal isotope data will better verify this promising proxy.
Concluding this work, with a range of models from the small scale of the diffusive boundary
layer around a cell to the large scale of the global ocean, a number of important aspects of
the marine silicon cycle were addressed for the first time: the silicic acid species taken up by
diatoms and diffusion limitation of the diatom silicic acid uptake rate, biomass limitation
of diatoms during El Nin˜o and its overcome at times of La Nin˜a, and finally, opal silicon
isotope ratios in the sediment of the equatorial Pacific as a proxy for silicic acid utilization
and as the first proxy for absolute nutrient concentrations.
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